
Nonlinear Suppression of High‐Frequency S Waves
by the Near‐Field Velocity Pulse With Reference
to the 2002 Denali Earthquake
Norman H. Sleep1 and Tianze Liu1

1Department of Geophysics, Stanford University, Stanford, CA, USA

The near‐field velocity pulse of large strike‐slip earthquakes brings near‐fault stiff crystalline rock into
failure. The uppermost ~2 km beneath Pump Station 10 (PS10) likely failed nonlinearly during the 2002
Denali earthquake. High‐frequency S waves traversed this region during and immediately after failure with
only weak waves reaching the surface. In contrast, high‐frequency Swaves were briefly weak at station LUC
only during the strong near‐field velocity pulse of the 1992 Landers earthquake. The observed horizontal
spectra during the near‐field velocity pulse at PS10 decreased exponentially with frequency with a low
apparently constant Q of ~20. This observation is incompatible with simple elastic‐plastic and nonlinear
viscoelastic rheologies that do not preferentially attenuate high frequencies. Candidate rheologies involve
heterogeneous crystalline rock masses where nonlinear domains act in parallel. Maxwell (spring and dash
pot) elements in parallel produce apparently constantQ over a range of frequencies. This rheology may arise
from pseudolinear inelastic interaction of weak stresses from high‐frequency S waves with strong
low‐frequency stresses from the near‐field velocity pulse. Alternatively, inelastic deformation associated
with the high‐frequency waves may interact nonlinearly with low‐frequency deformation associated with
healing of damage associated with the near‐field velocity pulse. The latter process is attractive for the PS10
signal which remained weak after the near‐field velocity pulse had passed. We unsuccessfully examined
aftershock records for healing of damage within the uppermost crystalline rock.

1. Introduction

Rupture during major earthquakes on strike‐slip faults propagates laterally to the first order, as the depth of
the seismogenic zone is much less than the length of rupture. The near‐field velocity pulse propagates at
essentially the rupture velocity. High stresses near the rupture tip drive further rupture. In addition, high
stresses cause failure in the near‐fault environment at depth and failure at shallower depths farther from
the fault (Figure 1). A flower structure of damaged rock develops near frequently active faults (e.g., Ma &
Andrews, 2010).

“Inelastic” (or “anelastic”) strain from strong dynamic stresses within the flower structure dissipates energy
from the near‐field velocity pulse. The net effect is nonlinear attenuation (Roten et al., 2014, 2016; Roten,
Olsen, Cui, & Day, 2017). The shaking at the surface for a given fault motion history is systematically less
than it would have been had the Earth behaved elastically. In addition, the attenuation suppresses energy
that would have otherwise driven rupture often making the earthquake smaller than one in an elastic med-
ium with given fault properties and given prequake stress field. In particular, shallow nonlinear attenuation
suppresses waves at shallow (uppermost kilometers) depths causing the shallow slip to be systematically less
than the slip at ~5 km depth (Kaneko & Fialko, 2011; Roten, Olsen, & Day, 2017).

The purpose of this paper is to empirically examine near‐fault failure from the near‐field velocity pulse with
attention to the uppermost kilometers and failure within crystalline rock. We consider a process envisioned
by Sleep and Nakata (2015). Rocks respond to the stress tensors, and strain tensors imposed collectively by
seismic waves and do not distinguish between different types of seismic waves. In this paper, high‐frequency
S waves propagate through the moderately shallow region (uppermost ~2 km), while the near‐field velocity
pulse causes dynamic failure.

We use this partition of wave categories for convenience of discussion. Our signal is broadband, and the
transition from low (<1 Hz) to high frequency (~10 Hz) signal is gradational. To inflict some semantics,
we use the term “near‐field velocity pulse” in a phenomenological or engineering sense (e.g., Baker,
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2007) as the strong long‐period motion and dynamic deformation that
accompanies the fault rupture. This usage is distinct from mathematical
near‐field waves where the amplitude decays with the inverse cube of
the distance from a source and intermediate field waves that decay with
the inverse square of distance. Ordinary propagating “far‐field” body
waves decay with the inverse of distance. The response of the rock to
near‐fault dynamic stresses and strains is highly unlikely to distinguish
between these mathematical categories. In addition, this mathematical
(purely elastic) partition of waves into near‐field, intermediate field,
and far‐field components no longer strictly applies after the onset of
nonlinear behavior.

In general, a recorded earthquake signal originated at depth and even-
tually traversed the shallow subsurface to the digital seismograph. It is
thus necessary to account for source characteristics and shallow linear
and nonlinear effects before examining deep nonlinear effects. We discuss
the physics of deep nonlinear attenuation in section 2 to put this account-
ability into context and then return to it in section 7. In particular, conven-
tional nonlinear viscoelastic and plastic rheologies do not preferentially
suppresses high‐frequency Swaves, contrary to our observations. We then
review the 2002 Denali earthquake where good near‐fault records are
available for Pump Station 10 (PS10; Ellsworth et al., 2004). PS10 was iso-
lated from other stations, and it is not feasible to infer local source proper-
ties independently of its records (Ellsworth et al., 2004). We thus present

generally applicable methods that constrain source properties that do not involve nearby stations. Before
doing this, we consider ordinary (site‐effect) nonlinear attenuation within shallow gravel beneath PS10 to
put deeper nonlinear attenuation into context. We examine the records from PS10 to show that strong
dynamic strains and stresses associated with the near‐field velocity pulse likely brought the uppermost ~2
km beneath PS10 into inelastic failure. We assess unsuccessfully whether coseismic crystalline rock damage
occurred beneath PS10 by studying healing of that damage after the mainshock.

We then show that the preferential suppression Swaves of inferred PS10 at high frequencies are incompatible
with simple nonlinear viscoelastic and plastic interaction of the near‐field velocity pulse with high‐frequency
S waves within the shallow crystalline rock. We suggest that heterogeneous nonlinear viscoelastic domains
interact in parallel within the crystalline rock. In addition, high‐frequency S waves remained weak at PS10
after the near‐field pulse had passed. This observation suggests that high‐frequency S waves interacted non-
linearly with inelastic deformation associated with the healing of damage as well as directly with the near‐
field pulse.

This work is intended to aid formulation and interpretation of three‐dimensional numerical calculations and
the formulation of equivalent material theories for nonlinear behavior of failing and damaged crystalline
rock. Our kinematic (where feasible) and dynamic methods are applicable to future better‐instrumented
earthquakes where more definitive conclusions may be possible.

We mostly apply laterally homogeneous scaling formulations in this paper for brevity and to avoid cloaking
simple inferences with onerous mathematics. The structure near PS10 is somewhat laterally heterogeneous
(Brocher et al., 2004; Frankel 2004; Kayen et al., 2004). PS10 is near the fault at the side of the flower structure
(Figure 1) where the deep geological structure may not be horizontally stratified. We mention lateral hetero-
geneity when relevant. Generic three‐dimensional numerical models related to PS10 seem feasible but very
onerous for nonlinear materials, but seismic stations were too widely spaced near PS10 to warrant detailed
specific models.

2. Simple Models for Nonlinear Suppression of S Waves by the Near‐Field
Velocity Pulse

We present a simple mathematical model with scaling relationships for the nonlinear suppression of high‐
frequency S waves by the near‐field velocity pulse. We make the assumption that the near‐field pulse has

Figure 1. Schematic diagram of the subsurface of PS10 viewed from the
west, more or less to scale. S waves generated at depth that impinged on
PS10 are projected into the plane of the cross section. They accompanied the
near‐field velocity pulse as both arrived from the west. The waves departed
from the deep part of the flower structure of damaged rock at depth and
reentered the structure beneath PS10. Brocher et al. (2004) marginally
resolved the uppermost part of this structure. A local layer of thin gravel
underlies PS10 (thickness exaggerated and locality purely schematic).
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much lower frequencies than the S waves. That is, we treat the effect of the near‐field pulse as imposing a
dynamic stress and a dynamic inelastic strain rate that are static on the timescale of the period of the S
waves. Shaking from the real Denali earthquake was broadband as shown in this paper, so the method is
approximate. We consider material (Table 1 and Figure 2) and motion parameters appropriate to PS10
during the 2002 Denali earthquake. This model is adequate for low‐frequency nonlinear attenuation of the
near‐field pulse. In section 7, we discuss more complicated rheology that may also represent observed
nonlinear attenuation of high‐frequency S waves.

We begin by comparing the dynamic stress from the near‐field velocity pulse with the dynamic stress from
strong high‐frequency S waves. We apply scaling relationships, which approximately reduce complicated
situations to compact equations. These relationships are intended to guide planning and interpretation of
three‐dimensional numerical calculations. It is helpful to predict the grossmagnitudes of effects and to recog-
nize relevant material properties. Here, full numerical calculations of dynamic rupture with frequency ran-
ging from static displacement to ~10 Hz are currently unfeasible in three‐dimensions. Computational
seismologists thus kinematically add stochastic high frequency sources to low‐frequency dynamic models
(e.g., Graves & Pitarka, 2016). Trained artificial neutral network methods are also available (Paolucci et al.,
2018). It also may be possible to selectively refine nonlinear numerical resolution in the region of interest
(Bielak et al., 2003; Yoshimura et al., 2003).

We approximately model the near‐field velocity pulse beneath PS10. In general, a task for the seismologist is
to infer the distribution and timing of slip on the fault at depth from the surface record. However, dynamic
and kinematic models for fault slip near PS10 discussed in section 5.1 do not agree. Neither is the subsurface
seismic structure well resolved (Brocher et al., 2004; Frankel 2004; Kayen et al., 2004). Furthermore, station
PS10 was too far from other seismic stations to infer its detailed nearby fault slip beneath it independently of
its record (Ellsworth et al., 2004).

We thus concentrate on aspects of dynamic strain beneath PS10 that are dimensionally predictable from its
record. Clearly, we are making approximations. First, we assume that fault slip is basically horizontal as
appropriate for a strike‐slip fault. The dominant dynamic displacements are then horizontal. The surface dis-
placement and velocity as PS10 were dominantly horizontal (Ellsworth et al., 2004). The duration of slip at
depth on the fault plane, which cuts stiff rock, is long enough that it imposes displacement on the shallow
more compliant rock that varies slowly with depth. Figuratively, the shallow compliant rock goes along
for the ride. The dominant shallow dynamic strains thus involve horizontal gradients of horizontal displace-
ments. The dominant dynamic stresses produce horizontal shear tractions on vertical planes: τxy and
(τxx − τyy)/2, where x and y are horizontal coordinates. The ~100‐m gravel layer beneath PS10, however, is
thick enough that the near‐field velocity pulse may be alternatively treated as an S wave refracted into a
nearly vertical ray path. The dynamic mean stress |σ| ≡ σii/3, where σ is the stress tensor compression posi-
tive, then does not change much. We ignore the actual small changes that we do not predict. We caution
against applying our scaling relationships that ignore changes in mean stress to dip‐slip earthquakes.

2.1. Kinematics of Dynamic Stresses From the Near‐Field Velocity Pulse

Roten, Olsen, Cui, and Day, (2017) presented three‐dimensional nonlinear numerical models for fault slip
and near‐fault nonlinear attenuation for generic events similar to the 1992 Landers earthquake. Roten
et al. (2014) modeled similar nonlinear near‐fault failure for generic San Andreas events, but did not

Table 1
Shallow Physical Parameters Near Pump Station 10 and Computed Failure Strain

Top depth, m Bottom depth, m α, m s−1 β, m s−1 Density, kg m−3 G, GPa G/z, GPa m−1
† Peff, MPa † Strain, 10−3 †

0 (Gravel) 110 1,800 400 1,800 0.288 0.0052 0.43 1.045
110 (Hard rock) 210 2,500 1,000 2,400 2.4 0.0150 1.55 0.452
210 600 3,750 1,500 2,400 5.4 0.0133 4.91 0.637
600 900 5,100 2,050 2,400 10.09 0.0286 9.64 0.669
900 5,000 5,750 3,330 2,700 29.94 0.0101 45.85 1.072

α is P‐wave velocity; β is S‐wave velocity; G is shear modulus; † Evaluated at mid‐depth z of layer; effective pressure Peff is evaluated from the tabulated densities
and the water table at the surface; the failure strains assume a coefficient of friction of 0.7 and the effective pressure. Data from Frankel (2004) partially compiled
from the works of Kayen et al. (2004) and Brocher et al. (2004).
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provide cross sections through the fault. These models, where the model
fault cuts crystalline rock, are proxies for the Denali fault near PS10.
Basically, nonlinear failure occurs within the model flower structure
(Figure 1) while the near‐field velocity pulse passes. We thus suspect this
process beneath PS10. A generic nonlinear numerical model calibrated
to PS10 fromwhich dynamic stresses and strains at depth can be extracted
would be helpful, but one is not available. As discussed in section 5.1, pub-
lished linear dynamic and kinematic models for fault slip near PS10 do not
agree. Dynamic stresses and strains at depth cannot be readily extracted
from these models.

We continuewith awell‐known dimensional scaling relationship between
dynamic stress and dynamic velocity (Sleep, 2016 and references therein).
Displacement of the deep stiff rock by the near‐field velocity pulse imposes
a dynamic strain εpulse on the more compliant rock in the uppermost kilo-
meters. Kinematically, this scalar strain is

εpulse≈
Vpart

cpulse
; (1)

where Vpart is the scalar particle velocity and cpulse is the phase velocity of
the pulse, which is essentially the rupture propagation velocity. The rela-
tionship is everywhere exact for a kinematic wave with y (fault perpendi-
cular) displacement that propagates in the x‐direction, which is fault
parallel, Ddyn = Dy(x − cpulset) and is time and approximately valid other-
wise. (Comparable, fault‐normal and fault‐parallel velocity components
were observed at PS10 (Ellsworth et al., 2004). The dynamic stress is the
strain times the shear modulus

τpulse ¼ Gεpulse≈
GVpart

cpulse
; (2)

where the shear modulus G may be a function of depth.

Equations (1) and (2) are approximately correct, as they are closely related to Rayleigh's principle (e.g.,
Jeffreys, 1961) that the overall elastic energy per volume τ2/2G (here for an Swave where τ is dynamic stress)
equals the overall kinetic energy per volume ρV2/2, where ρ is density and V is dynamic velocity. For a plane

wave in a homogeneous medium, the dynamic stress is locally and exactly τ = ρVβ, where β ¼ ffiffiffiffiffiffiffiffiffi
G=ρ

p
is the

group (and phase) velocity of the S wave. This relationship (which is a special case of (2)) applies approxi-
mately inmore complicated situations, for example, near to the rupture tip on the fault during an earthquake.
The peak dynamic stress and the peak dynamic velocity then do not occur at exactly the same place and time
(Andrews, 2004, 2005; Cocco et al., 2009; Tinti et al., 2004).

In our case, we have detailed information on the seismic waves only at the surface station PS10; other seismic
stations were too far away to provide insight (Ellsworth et al., 2004). The predictable aspect of the phase velo-
city is that the near‐field pulse propagates horizontally parallel to the fault trace at the rupture velocity, which
grossly scales with the S‐wave velocity of deep (>2 km) crystalline rocks along the fault plane and is here cru-
dely 3.5 km s−1. As discussed in Section 5.2, linearmodels of the rupture do not agree and amore precise non-
linear constraint is not available. The measured peak ground velocity (PGV) of ~1.8 m s−1 (Ellsworth et al.,
2004) provides a proxy for the peak particle velocity at depth. We show that this proxy likely underestimates
the particle velocity of the pulse within the crystalline basement in Sections 5.1 and 5.5. That is, the (~2 km)
deep dynamic deviatoric strain from (1) is crudely 1.8 m s−1/3.5 km s−1 = 0.5×10−3, which we use in subse-
quent example calculations.

2.2. High‐Frequency Dynamic Stresses With the Crystalline Rock

We begin the discussion by showing that the dynamic stresses within the crystalline rock from high‐
frequency S waves are typically less than the low‐frequency dynamic stresses from the near‐field velocity

Figure 2. Shear wave velocity as a function of depth. Dashed line is piece-
wise constant values from Frankel (2004). Solid line approximates the real
gradient within the crystalline rock with a step in velocity to the overlying
gravel. Crosses are computed failure strains at various depths.
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pulse. Furthermore, it is likely that the uppermost ~2 km of crystalline rock is pervasively cracked, as its
S‐wave velocity is less than that of the underlying intact rock (Figure 2). We discuss the effective rheology
of this crystalline rock in sections 2.3 and 7. We return to the origin of these cracks in section 5.

We provide a simple example calculation to show that dynamic shear strains and shear stresses from the
near‐field velocity pulse are much greater than those from high‐frequency S waves. For the near‐field pulse,
we assume dynamic strain of 0.5 × 10−3 from sections 2.1 and 5.1 for PS10 and shear modulus of 30 GPa for
crystalline rock from Table 1 to obtain 15 MPa, as an example. There are likely no strong reflective interfaces
within the crystalline rock (Figure 2). Plane waves provide a simple approximation for high‐frequency body
waves. The dynamic stress for (here high‐frequency) S waves is τdyn = ρβVdyn, where Vdyn is the dynamic
(particle) velocity to distinguish it from Vpart, ρ is density, and β is S‐wave velocity. We assume very strong
S waves as an example, as our goal is to show that the dynamic stress from these waves is small compared
to that from the near‐field velocity pulse, rather than to provide a precise estimate of their actual dynamic
stresses. Our model S waves have a dominant frequency of 10 Hz with a peak dynamic acceleration Adyn

of 1 g within the crystalline rock. The peak model dynamic velocity is Vdyn ≈ Adyn/ω = 0.156 m s−1, where
ω (here 62.8 s−1) is the dominant angular frequency. We let the deep density be 2700 kg m−3 and the S‐wave
velocity be 3330m s−1 from Table 1. The peak dynamic stress is 1.39MPa, which is far less than that from the
near‐field pulse.

Note that the dynamic acceleration of our model S wave would be far greater than 1 g when it arrived at
the free surface through an elastic medium. First, the free surface doubles the acceleration relative to that
of the impinging wave at depth. Second, energy is approximately conserved within a wave passing through
a gradual gradient (see Goto et al., 2011), here in the crystalline rock (Figure 2). The vertical energy flux

scales as 0:5ρβV2
dyn . The dynamic velocity and hence dynamic acceleration at the dominant frequency

scales with inversely the square root of the seismic impedance βρ and hence accelerations are higher
within the shallow low‐velocity rock. A precise estimate of this amplification needs to be reduced as the
ascending waves partly reflected from the top of the crystalline rock. The actual reflection coefficient
is not precisely constrained.

The observed high‐frequency S waves recorded at PS10 were far weaker than 1 g (Ellsworth et al., 2004).
However, S waves of nearly this strength arrived at Lucerne during the 1992 Landers earthquake (Chen,
1995; Iwan & Chen, 1995), which gives plausibility that the Denali source did generate strong S waves that
subsequently attenuated before reaching PS10. We proceed assuming that the dynamic stress from high‐
frequency S waves beneath PS10 was much less than the dynamic stress from the near‐field velocity pulse.

2.3. Effective Inelastic Rheology for the Near‐Field Velocity Pulse and the High‐Frequency
S Waves

The weak dynamic stresses from the high‐frequency S waves propagated through the strong low‐frequency
dynamic stresses from the near‐field velocity pulse. We thus begin with the inelastic effects of the stronger
stresses and then consider the weaker stresses as perturbations. For now, the macroscopic inelastic behavior
of the crystalline rock is the cumulative effect of inelastic failure of numerous variously oriented cracks.

Off‐fault aftershocks triggered by static stress changes (Cattania et al., 2015) provide analogy to crack failure
from the near‐field pulse. Aftershocks preferentially occur on small faults with preexisting stresses that are
favorably oriented with respect to Coulomb failure driven by the static change in the stress tensor. The ten-
dency for failure depends very nonlinearly on the resolved stress on the small faults. The enhancement of
seismicity on favorably oriented faults greatly exceeds the diminution of seismicity on unfavorably oriented
faults. Specifically, earthquakes on faults that are favorably oriented relative to normal traction changes pre-
ferentially occur, which reduces the effect of mean stress on overall macroscopic seismicity. In addition, the
static stress changes that trigger off‐fault aftershocks are typically far less than those needed to cause earth-
quakes within unstressed rock. Physically, earthquakes are complicated. Stress drops (as opposed to ideal
plastic behavior) have likely occurred previously within the aftershock‐hosting region, causing both weakly
stressed faults (that remain quiet) and prestress concentrations on other faults (that host aftershocks). The
sense of aftershock slip is preferentially that to relieve both the local prestress and the broad static
stress change.
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Lessons regarding inelastic failure qualitatively involve replacing small faults with cracks and static stress
change with low‐frequency dynamic stress in the previous paragraph. Cracks with orientations favorably
oriented with respect to the low‐frequency dynamic stress preferentially fail. Slip on the cracks preferentially
has the sense to relax the instantaneous dynamic shear traction on the cracks and to nonlinearly attenuate
the seismic wave. Such inelasticity failure may be viewed as virtual double‐couple sources of new seismic
waves (Ben Zion & Lyakhovsky, 2019).

In addition, macroscopic failure commences at somewhat low dynamic stresses before the Coulomb failure
criterion is reached for unstressed cracks. That is, favorably prestressed cracks fail at weak dynamic stresses
in analogy to off‐fault aftershock. The strengths (coefficients of friction) of numerous pervasive cracks in the
crystalline rock also likely vary; clearly cracks should be weaker than intact rock. The net macroscopic effect
of these processes is that the inelastic strain rate within the cracked rock increases somewhat gradually with
dynamic stress, rather than exhibiting a sharp plastic failure criterion (Sleep, 2010).

We continue by considering the perturbation of the inelastic strain rate owing to the strong dynamic stres-
ses of the near‐field velocity pulse by the weak high‐frequency S waves. That is, we consider the cumula-
tive effects over numerous cracks that are already failing from the stronger dynamic stress. A lesson from
aftershocks carries through: failure preferentially occurs when the high‐frequency dynamic stress is
favorably oriented relative to the low‐frequency stress driving failure. The net effect is that enhanced slip
preferentially relaxes the instantaneous high‐frequency dynamic stress, nonlinearly attenuating the high‐
frequency waves. Conversely, high‐frequency dynamic stress that is antithetic to the low‐frequency
dynamic stress slows the total slip rate; the net high‐frequency perturbation is antithetic slip that with
the sense to relax the instantaneous antithetic stress. A high‐resolution numerical model that included
the elastic and inelastic rheology of individual cracks and prestresses within pervasively cracked rock can-
not be readily be computed. We thus semiquantitatively continue with the effective inelastic rheology of
the rock mass. The rounded values of S wave velocity of 2000 m s−1 and 10 Hz frequency imply a 50 m
quarter‐wavelength scale for an equivalent medium.

For a simple demonstration, we apply a Drucker and Prager (1952) rheology based on the second invariant
τj j ¼ ffiffiffiffiffiffiffiffiffiτijτij

p
of the deviatoric stress tensor τ for an isotropic material. The assumption of isotropy seems rea-

sonable for grain‐grain contacts in gravel and maybe for pervasively cracked crystalline rock in the upper-
most basement, and we lack information on inelastic anisotropy beneath PS10. The S‐wave Roten et al.
(2014, 2016; Roten, Olsen, Cui, & Day, 2017; Roten, Olsen, &Day, 2017; Wang et al., 2019) used this rheology
in three‐dimensional numerical models.

For brevity of discussion, we assume that only the deviatoric stress changes and thus ignore strong P waves,
which is crudely appropriate at low frequencies for a strike‐slip earthquake. The inelastic strain rate tensor is
then aligned with the deviatoric stress,

ε′ij ¼ ε′0
τij
τj j

� �
F τj jð Þ ¼ τij

2ηapp
; (3)

where thematerial parameterε′0 has dimensions of strain rate and the bracket aligns strain rate and deviatoric
stress tensors. F is a strong dimensionless function of the second invariant that in general also depends on the
effective mean stress ∣σ ∣ ≡ σii/3 − Pfluid, where σ is the stress tensor (compression positive) and Pfluid is the
fluid pressure, in a Coulomb material. The right‐hand equality introduces the apparent viscosity for non-

linear rheology ηapp≡∣τ∣=2F jτjð Þε′0 for a nonlinear material.

We proceed without complicating this simple well‐known rheology. Nonlinear flow laws are widely used in
geodynamics, including mantle deformation (e.g., Turcotte & Schubert, 2002, Chapter 7), but not in geotech-
nical engineering, which has been developed for shallow soils and not for deep crystalline rock.

We compare an ideal plastic rheology, which has no rate dependence. Geotechnical applications often apply
Masing‐type rheology. The initial low‐amplitude strain in one horizontal dimension is proportional to the
stress, τ = Gintε, where Gint is the elastic shear modulus. Predicted stress‐strain trajectories are not rate
dependent, one gets the same trajectory at 1000 and 0.001 Hz. However, frequency‐dependent and hence
rate‐dependent behavior are observed in the laboratory for both clay (Afacan et al., 2014) and sand (Güler
& Afacan, 2019). Menq (2003) studied Masing‐type behavior of gravel but did not measure frequency‐
dependent effects. We are not aware of relevant data on crystalline rocks.
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Equation (3) reduces to an ideal plastic rheology when F is an extremely strong function of |τ|. That is, inelas-
tic strain rate ε′ is effectively zero for the problem of interest for stresses less than the failure stress |τ| < τfail,
so the material is linearly elastic. The strain rate is unobtainably large for |τ| > τfail. Therefore, the stress |τ|
may equal but not exceed the failure stress.

We follow Roten et al. (2014), who formulated their nonlinear models with (3) in this way to approximately
represent ideal plasticity with a more numerically convenient flow law. We numerically model vertical
ascending S waves to illustrate basic features of plastic rheologies when strong low‐frequency waves and
weak high‐frequency waves impinge together on the free surface (Appendix A). The normal traction on hor-
izontal planes of failure does not change in this case. As noted in the previous paragraph, equation (3) in the
limit that F is a very strong function of stress reduces to a plastic failure envelope. The plastic potential then

reduces to f ¼ 3 τ2xz þ τ2yz
� �

, where x and y are horizontal coordinates and z is depth (e.g., Hill & Orowan,

1948, equation (3)). In general, the plastic potential in the absence of mean stress changes is a constant timesffiffiffiffiffiffiffiffiffiτijτij
p

, so (3) correctly represents the orientation of the inelastic strain rate tensor. Obviously, mean stress

changes can be included in full three‐dimensional numerical models (e.g., Roten et al., 2014).

Our numerical model in Figure 3 illustrates the behavior of a strong high‐frequency component and a weak
high‐frequency component in a nearly plastic material. Our model region crudely represents the uppermost
subsurface beneath PS10 as half‐space with 800 m s−1 S‐wave velocity under a lid with an S‐wave velocity of
400 m s−1 to the (110.25 m deep) base of the gravel in Figure 2. We impose vertically ascending S waves that
are circularly polarized in the half‐space with a peak acceleration of 0.114 g and a period of 1.5 s. The long‐
period acceleration of the near‐field velocity pulse at PS10 was circularly polarized (Figure 2). Weak waves
with 0.2 of that peak acceleration and a period of 0.1 s impinge through the half‐space with east‐west motion.
Our arbitrary high‐frequency east‐west polarization in Figure 3 imposes components parallel to and normal
to the long‐period acceleration at times when it is strong. The effective coefficient of friction is ~0.35 in
the model.

The model illustrates the basic feature that the resolved horizontal acceleration clips at the imposed effective
coefficient of friction of ~0.35 (Figure 3a). In addition, the model illustrates the general behavior of high‐
frequency signal with plastic rheology. During certain times of the shaking, the near‐field velocity pulse
has locally brought the Coulomb medium up to the failure criterion. One high‐frequency component of S
wave causes a horizontal shear traction that is normal to that of the near‐field velocity pulse. This transient
stress component does not change the total shear traction |τ| away from the failure criterion. It does rotate

Figure 3. Polar diagrams of computed surface normalized acceleration from Appendix A. Resolved normalized accelera-
tions of 0.43 and 0.35 are shown as circles for reference. The circularly polarized signal begins at S and ends at A. The linear
model (dashed line) shows strong amplitudes between SW and W, when only the direct wave arrives. The amplitude is
weak between W and N when the reflection from the base of the surface layer destructively interferes with the direct
signal. The reflected arrival constructively interferes with the direct wave between N and WNW. The curve for the non-
linear model (solid line) clips near 0.35 g and is not simply related to the linear curve. (a) Full polar diagram. (b) NE region
of Figure 3a windowed so that high‐frequency loops in the nonlinear signal are evident.
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the direction of the resolved shear traction, producing loops in the acceleration curve (Figure 3b). We
assume (in Appendix A) very strong rate dependence on stress in F (rather than ideal plasticity) so that these
loops are visible in Figure 3b.

In more detail, S waves effectively reflect from the depths where nonlinear attenuation is happening.
Equivalently, the inelasticity strain from nonlinear attenuation may be viewed as virtual double‐couple
sources of new seismic waves (Ben Zion& Lyakhovsky, 2019). The reflected (or secondary) waves then reflect
from the free surface and reflect from the top of the half‐space. Failure occurs at various depths and not
always at the same time. The nonlinear signal is thus related to the impinging signal in complicated way.
A general conclusion from the model is that some high‐frequency energy reaches the surface when the med-
ium is ideally plastic. Three‐dimensional behavior is similar but more complicated.

In the example, the component of high‐frequency shear traction τorth on horizontal planes that is ortho-

gonal to low‐frequency shear traction from the near‐field pulse negligibly adds to the invariant as τj j ¼ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
τ2pulse þ τ2orth

q
and is not suppressed. Here, the high‐frequency S waves are suppressed somewhat with a

plastic rheology, but some high frequency still propagates. There is also some apparent anisotropy
depending on the stress tensor from the near‐field pulse in the suppression in analogy to the directional
anisotropy in Figure 3 where the component parallel to the circle propagates. The effect of changes in
the mean stress needs to be included in the inelastic strain tensor in (3), if strong P waves are present.
Overall, there is no simple increase of nonlinear attenuation with frequency.

The case when F is a mildly nonlinear function of |τ| is similar but complicated in three dimensions. The
strong deviatoric stress tensor from the near‐field velocity pulse τpulse varies slowly with time, and a weaker
deviatoric stress tensor ΔτS from the S wave oscillates rapidly. We distinguish the apparent viscosity in (3)
from the differential viscosity ηdiff which is related to the change in the strain rate from ΔτS strain. The pro-
blem reduces to scalars when τpulse and ΔτS align. The change in strain rate is then

Δε′ ¼ ε′0
∂F τð Þ
∂τ

ΔτS≡
ΔτS
ηdiff

: (4)

For a strongly nonlinear rheology, ∂F/∂τ > > F(τ)/τ and the differential viscosity are much less than the
apparent viscosity. The three‐dimensional analog of (4) involves differentiation of (3) for each component
of the stress tensor. The result is complicated and not particularly revealing. We qualitatively point out some

attributes: (1) All terms of the stress tensor occur in |τ|; The cross terms with kl ≠ ij of ∂ε′kl=∂τij
� �

are nonzero.

(2) The perturbation ΔτS,orth might be orthogonal to τpulse,. Then the invariant within F in (3) does not
change for small high‐frequency perturbations. The perturbation to strain rate aligns with perturbing
high‐frequency stress:

Δε′orth;ij ¼ ε′S;ij≈ε
′
0
ΔτS;ij;orth
τpulse
		 		

" #
F τpulse
		 		� �

: (5)

The differential viscosity for this perturbation is then the differential viscosity in (3) τpulse
		 		=2ε′0 F τpulse

		 		� �
 �
.

That is, the instantaneous rheology for the small high‐frequency perturbations ΔτS is linearly viscous but
aniosotropic. Returning to scalars, a linear viscous material with linear elasticity (a Maxwell body) does
not preferentially attenuate high‐frequency waves. We return to this topic in section 7 after we have dis-
cussed observations of the apparent attenuation of high‐frequency S waves beneath PS10.

For comparison, Harper‐Dorn creep is an analogous form of pseudolinear behavior in a nonlinear material,
where the strong stress oscillates and the weaker stress is more static (Weertman & Blacic, 1984). For the
near‐field pulse, the strong stress is more static, and the weak stress from S waves oscillates. In both cases,
the stronger stress determines the invariant in (3), and the material responds apparently linearly to the
weaker stress.
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3. PS10 Records

We examine real data with forethought to appraise our inferences on
nonlinear attenuation in section 2. Digital seismographs at PS10:
Latitude = 63.4244944°N, longitude = −145.762664°E, and elevation =
726.1 m (Ellsworth et al., 2004; Evans et al., 2006) recorded the 03
November 2002 Mw = 7.9 Denali earthquake. Martirosyan et al. (2004)
give 63.4239°N,−145.7658°E, which is self‐consistent with the datum used
by Carver et al. (2003) to locate temporary stations. This station was ~3 km
north of the surface rupture (Figure 1) with strike‐slip displacement of
~5 m (Eberhart‐Phillips et al., 2003; Hreinsdottir et al., 2003; Dreger
et al., 2004; Frankel 2004; Haeussler et al., 2004; Kayen et al., 2004;
Oglesby et al., 2004; Wright et al., 2004; Asano et al., 2005; Liao and
Huang, 2008; Walker & Shearer, 2009). Rupture approached PS10 from
the west‐northwest.

Ellsworth et al. (2004) corrected the PS10 records for instrument response,
electronically digitized at 200 points per second. Their record lasts until
83.67 s after the onset of the P wave. The instrument then apparently
ceased operation and did not record any subsequent aftershocks. They
and Martirosyan et al. (2004) noted that the high‐frequency acceleration
(Peak Ground Acceleration, PGA) of 0.35 g was weak for a station within
3 km of a major fault with 1.8 m s−1 dynamic velocity (Peak Ground
Velocity, PGV) and ~5 m of slip. In more detail, PGA is associated with

long‐period motion from the near‐field velocity pulse not from high‐frequency S waves (Figures 4 and 5).
The high‐frequency P waves before the near‐field pulse are stronger than the S waves (Figure 5).

Ellsworth et al. (2004) qualitatively attributed the weak PGA and the general weakness of high‐frequency S
waves to nonlinear attenuation within the surface gravel layer (Table 1). We quantify this inference in
section 4. Our main purpose is to examine apparently nonlinear suppression of high‐frequency S waves by
the near‐field velocity pulse, mainly within the underlying crystalline rock in section 5 (Sleep & Nakata,
2015). The shallow‐nonlinearity mechanism is well known from sites with better records (Ghofrani et al.,
2013, Wu & Peng, 2011; Nakata & Snieder, 2011; Assimaki et al., 2008; Sleep & Nakata, 2017; Bonilla et al.,
2019). We discuss it to put the nonlinearity associated with the near‐field velocity pulse, which is not well
documented elsewhere, into context. This paper is intended in part to illustrate generally applicable methods
for more constrained future near‐fault records.

4. Shallow S‐Wave Nonlinearity Within the Gravel

We use traditional methods to examine shallow nonlinearity beneath PS10. The seismic velocities and den-
sities (Table 1 and Figure 2) were obtained in a piecewise constant manner by Frankel (2004) from the works
of Kayen et al. (2004) and Brocher et al. (2004). The approximately 110m thick unlithified gravel beneath the
station is a real layer. There is likely a sharp step from the low velocities in the gravel to higher velocities in
crystalline rock, which reflected body waves. The other tabulated layers of crystalline rock are likely approx-
imations for a gradient. The solid smooth line in Figure 2 is likely a better representation of the subsurface
than the piecewise constant dashed line by Frankel (2004).

The low seismic velocity of the gravel simplifies the analysis of short‐period signal. Shallow rays refracted
into nearly vertical paths under PS10. We begin with scaling relationships for exactly vertical body waves.
We start with the approximation that the high‐frequency horizontal signal is mainly S waves, and the
high‐frequency vertical signal is mainly Pwaves. We have no better way to separate coarriving Swaves from
P waves. Methods that depend on the ratio of the vertical to the horizontal amplitude of S waves are applic-
able because we cannot remove P waves from the vertical signal (e.g., Carpenter et al., 2018). Methods that
require borehole stations are inapplicable. We first examine data from PS10 in the time domain. We then
look for before‐ and after‐shaking changes in the shear modulus of the gravel in the frequency domain.

Figure 4. Polar plot of dynamic acceleration recorded between 14 and 22 s
after the initial P wave to window signal associated with the near‐field
velocity pulse. The strongest signal is circularly polarized in a clockwise
sense for 1/3 of a cycle between 0300 and 0430 hr. Circles indicate normal-
ized accelerations centered on the origin. The high‐frequency component
parallel to the semicircular acceleration path does not change the resolved
accelerationmuch and is not suppressed (Sleep &Nakata, 2015).Weak loops
and kinks in the acceleration curve subparallel to the main trend at 0100,
0700, and 0800 hr may be associated with an unsuppressed weak high‐fre-
quency component.
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4.1. Application of Scaling Relationships in the Time Domain

Simple scaling relationships for nonlinear behavior of body waves apply in the time domain. Vertically pro-
pagating S waves produce shear tractions on horizontal planes. If these tractions are sufficiently high, non-
linear shear failure occurs on these planes. We examine the nonlinearly dissipation of energy along these
planes with regard to nonlinear attenuation of the Denali S waves in this subsection. We examine transient
seismic velocity changes from damage associated with inelastic strain in the gravel in subsection 4.2. We use

Figure 5. Digital seismograms for PS10; times are relative to the initial P wave from Ellsworth et al. (2004). Vertical line
marks the approximate start of the near‐field velocity pulse. (a) Horizontal dynamic acceleration for the N43.3 W and
N46.7E recorded components. (b) Vertical dynamic acceleration. (c) Dynamic velocities.
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simple friction without cohesion, whichmay be appropriate for shallow gravel with grain‐to‐grain constants.
We also assume a laterally homogeneous isotropic medium for now and return to the issue of lateral hetero-
geneity in subsection 4.2.

Awell‐known scaling relationship states that the normalized acceleration (that in g's) is approximately equal
to the Coulomb ratio between dynamic shear traction and effective lithostatic stress. To see the basis of this
relationship following Sleep and Nakata (2017), the (one‐dimensional) momentum equation indicates that
the resolved horizontal acceleration is everywhere proportional to the vertical gradient of the horizontal
shear traction:

ρAh ¼ ∂τhz
∂z

; (6)

where h is the tensor index for the resolved horizontal direction, ρ is rock density, A is acceleration, τ is the
stress tensor, and z is depth. At frictional failure, the failure stress is

τfail ¼ Peffμ≈μ ρ−ρwð Þgz; (7)

where τfail is the failure stress from friction, μ is the coefficient of friction, the effective pressure Peff is the
difference between lithostatic pressure and fluid pressure, and g is the acceleration of gravity (~9.8 m s−2).
The approximate equality assumes that rock density ρ and water density ρw are constant with depth z.
The model water table is at the surface as approximately beneath PS10 (Kayen et al., 2004; Martirosyan
et al., 2004). The strong wave brings the shallow subsurface into failure. The vertical gradient of failure stress
then equals the vertical gradient of the resolved shear traction:

∂τfail
∂z

≈μ ρ−ρwð Þg ¼ ∂τhz
∂z

¼ ρAh: (8)

Solving yields

Ah

g

				
				≤ ρ−ρwð Þ

ρ

� �
μ≡μeff ; (9)

that is, the normalized acceleration equals the effective coefficient of friction μeff. A testable prediction is that
the normalized acceleration of a train of strong Swaves will clip repeatedly at the effective coefficient of fric-
tion, as shown by the model in Figure 3.

In terms of (3), macroscopic failure may involve numerous grain‐grain contacts within the gravel and
numerous minor cracks with the crystalline rock. The failure strengths and inelastic creep rates on these
contacts and cracks may vary over a range. Some contacts and cracks begin to fail at lower dynamic stresses
than others. A testable prediction is then that the macroscopic inelastic strain rate increases somewhat gra-
dually with dynamic stress. There then will be a tendency for the S waves to peak at normalized accelera-
tions around μeff, rather than to sharply clip at an ideal coefficient of friction.

A similar relationship applies to P waves. The ratio between dynamic normal traction and lithostatic stress
is the normalized vertical acceleration. Downward accelerations of above 1 g bring the rock into horizontal
tension greatly reducing its strength for S waves (Aoi et al., 2008; Yamada et al., 2009; Tobita et al., 2010;
Kinoshita, 2011; Bradley & Cubrinovski, 2011; Goto et al., 2019). Such P waves tend to clip at dynamic
downward accelerations above 1 g in the Earth and in numerical models. We ignore this effect for brevity,
as the P waves were relatively feeble during the near‐field velocity pulse at PS10 (Ellsworth et al., 2004;
Figure 5).

Figure 4 shows the predicted behavior in (9) for the near‐field velocity pulse at PS10 as modeled in Figure 3.
The dynamic acceleration is circularly polarized near PGA of ~0.35 g for one third of a cycle lasting ~0.35 s.
For reference, the resolved acceleration remained above 0.2 g for ~1.25 s. The sourcemodel of Ellsworth et al.
(2004) does not imply clipping at 0.35 g. The component perpendicular to the loop that augments resolved
acceleration is suppressed. Conversely, the component of acceleration parallel to the loop does not greatly
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add to the resolved acceleration and thus is not suppressed (Figure 3b). A strong component that reduces
resolved acceleration is also not suppressed. One would expect strong loops in Figure 4, like in Figure 3, if
strong high‐frequency S waves were present. These features also occur in numerical models of shallow non-
linear Swaves (Sleep &Nakata, 2017). However, only weak kinks and loops occur subparallel to and perpen-
dicular to the track (Figure 4).

The model in Figure 3 involves formulism for high‐frequency S waves, while the observed frequency range
includes the near‐field velocity pulse. Thus, clean partition of signal into these categories is not productive.
We discuss the kinematic effect that nonlinear attenuation of the near‐field velocity pulse causes the long‐
period particle velocity at surface to be less than that at the base of the gravel in section 5.1.

The observed clipping at ~0.35 g (Figure 4) implies a reasonable effective coefficient of friction μeff of ~0.35.
The water table was near the surface at PS10 in 2002 (Kayen et al., 2004; Martirosyan et al., 2004). For ρ =
1800 kg m−3 (Table 1), ρw = 1000 kg m−3, and a generic coefficient of friction of 0.7, the predicted effective
coefficient of friction is 0.31. Given that these parameters are somewhat uncertain, there is an agreement
between observation and prediction. For example, increasing the gravel density to 2000 kg m−3 or its coeffi-
cient of friction to 0.79 yields an effective coefficient of friction of 0.35.

4.2. Search in the Frequency Domain for Damage Within Gravel

Body waves should resonate within the shallow low‐velocity gravel layer, provided that there is a strong seis-
mic velocity contrast with the underlying crystalline rock. The resonant frequency within the layer decreases
when damage from strong shaking decreases the shearmodulusG and hence the S‐wave velocity β (Ghofrani
et al., 2013, Wu & Peng, 2011; Nakata & Snieder, 2011; Assimaki et al., 2011; Sleep & Nakata, 2017; Bonilla
et al., 2019). The resonant frequency for Pwaves may also decrease (Han et al., 2015). In both cases, the reso-
nant frequency typically increases as the damaged gravel heals in the aftermath of the strong shaking.

The predicted resonant frequency for Swaves is βg/4Zgwhere βg is the S‐wave velocity of the gravel and Zg is
the thickness of the gravel layer. The analogous resonant frequency for P waves is αg/4Zg, where αg is the P‐
wave velocity of the gravel. For the parameters in Table 1, these frequencies are 0.91 and 4.1 Hz, respectively.
There is no colocated borehole station at PS10, so surface to borehole spectral ratios cannot be used to study
resonance; we have no other good way to infer the detailed effects of the source on the spectra of the PS10
impinging waves. Our predictions still tell approximately where to look for resonances on the digital spectro-
grams. They provide hints on how to associate spectral peaks with ray paths. All spectra in this section were
obtained from signal over 10.24 s durations tapered at both ends by a 0.64 s cosine.

Spectra for the interval 0 to 10.24 s after the initial P wave show the low‐amplitude response before strong
shaking (Figure 6a) for later comparison with the time of the near‐field velocity pulse from 16 to 26.24
(Figure 6b) and its high frequencies (Figure 6c). One would expect that P waves would dominate the 0 to
10.24 s record. There still should be S waves converted from P waves that arrived before the direct S waves.
P waves should dominate the vertical component in laterally homogeneous structure, and S waves should
dominate the horizontal components.

Foreshock and aftershock digital data would help constrain the prequake low‐amplitude shallow velocity
structure beneath PS10 and healing of any damage after the mainshock. Carver et al. (2003) recorded after-
shocks at temporary stations near PS10. We discuss these data in section 6. We have no foreshock data.

The low‐amplitude signal of the mainshock data shows expected effects for resonating waves within the
gravel. The N43.3W component shows a strong peak centered at 1.2 Hz. The vertical component has a strong
peak at 4.8 Hz. Retaining the seismic wave velocities from Table 1 yields estimated gravel thicknesses of 83
and 94m, respectively. Retaining the thicknesses yields seismic velocities of 528 and 2112m s−1, respectively.
That is, the inferred thickness and seismic velocities of the gravel layer underneath PS10 are near to but not
precisely those in Table 1. There is a gross agreement given that the tabulated velocities are in the region of
PS10 and not precisely underneath that station. Dunham and Archuleta (2004) noted that the shallow low‐
velocity layer is laterally heterogeneous near PS10, as strong surface waves did not build up within the layer.

However, the 1.2 Hz peak on the N43.3 W component does not appear on the N46.7E component. In addi-
tion, the N46.7E component shares the 4.8 Hz peaks with the vertical component. There is also a weak peak
at 4.8 Hz on the N43.3 W component. The horizontal components of PS10 were within 0.2° of horizontal, too
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Figure 6. Spectral acceleration amplitudes for PS10 are arbitrary but consistent between traces and panels. (a) The 0 to
10.24 s (after P) interval: A spectral peak near the expected S‐wave reverberation frequency is at ~1.2 Hz on the N43.3
W record. The expected P‐wave reverberation is present near 4.8 Hz. This peak is also present on the horizontal N46.7E
component, indicating that the structure is not laterally homogeneous. (b) The 16–26.24 s interval of the near‐field
pulse: Most of the signal has frequencies lower than the predicted 1.2 Hz resonance. No resonances are evident. An
exponential curve proportional to exp(−t0f), where f is frequency and t0 = 0.5 s is shown for comparison with the
horizontal spectra. (c) High frequencies in 16‐26.24 s interval windowed from panel b: Exponential curves proportional to
exp(−t0f), where t0 = 0.5 s and exp(−t0f)+0.01exp(−t1f), where t1 = 1/30 s are shown of comparison. See text.
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little to cause instrumental coupling with the vertical signal. Thus,
local site resonance from lateral heterogeneities (Anooshehpoor &
Brune, 1989; Sleep, 2012) likely entangled signal from the strong ver-
tical component into the weaker horizontal components. The N43.3
W component is naturally oriented to be weakly coupled with the
vertical component through laterally heterogeneous structure. Note
that the Denali Fault strikes approximating west‐northwest near
PS10 and that PS10 was ~3 km from the fault (see Figure 7c). The
radial (propagation) direction for signal arriving from the nearest
(~3 km) fault was crudely north‐northeast. The radial direction for
more distant signal was crudely west‐northwest or east‐southeast.

The near‐field velocity pulse dominates the spectra during its arrival
from 16 to 26.24 s (Figure 6b). The dominant frequencies are lower
than the ~1.2 Hz resonance for S waves. This resonance and the
~4.8 Hz resonance for Pwaves are not evident. In principle, one could
predict the velocity pulse at PS10 from records at other stations and
then spectrally divide the observation by the prediction. Seismic sta-
tions were far too sparse in 2002 near PS10 for this method to be pro-
ductive (Ellsworth et al., 2004).

Intuitively, inelastic deformation within the gravel caused damage
that reduced its seismic velocities. Observation of transient increases
of the seismic velocity within the gravel after the strong shaking
ceased would indicate that the damage did previously occur and it
had begun to heal. Spectra from 30 to 40.24 s interval after the Pwave
and the 40.24 to 50.48 s after the P wave are relevant of observing
healing of the gravel (Figure 8). The vertical component resolves
~4.8 Hz resonant frequency only during the 0 to 10.24 s before strong
shaking and the 40.24 to 50.48 s after strong shaking. The resonant
frequency after strong shaking was ~0.5 Hz lower than before the
strong shaking. The observation is compatible with the inference that
the gravel was damaged. This component, however, does not resolve
the resonance between 30 and 40.24 s. Healing between this interval
and the 40.24 to 50.48 s interval was thus not resolved.

Physically, observable coupling of the vertical component into the
N46.7E component at times of strong P waves and weak S waves
implies coupling of the N46.7E component into the vertical compo-
nent at times of strong S. In addition, the signal is overall weak
between 2 and 8 Hz and 30 and 40.24 s. The ~4.8 Hz resonant fre-
quency between 40.24 and 50.48 s of the N46.7E component behaves
similarly to the vertical component, giving additional support to the
inference that the P resonance frequency did change.

The N43.3 W component may marginally show healing of the S‐wave
velocity. The peak of the ~1.2 Hz resonance may shift to lower fre-
quencies from the 0 to 10.24 s interval before strong shaking to the
30 to 40.24 s interval after strong shaking. The resonant frequency
may increase toward 1.2 Hz from the 30 to 40.24 s interval to the
40.24 to 50.48 s interval. The N46.7E component does not resolve
the 1.2 Hz resonance before the near‐field velocity pulse. This compo-
nent does poorly resolve this resonance after the near‐field pulse. A
greater proportion of the signal is S waves at this time.

The spectra from 40.24 to 81.20 s (near the end of the available
record) did not provide more detail. The vertical component was

Figure 7. Stacked spectra for Denali aftershocks (Table 2). Spectra amplitude is
in arbitrary units. The plotted amplitudes are consistent between panel (a) and
panel (b). (a) Aftershocks to the WNW. Early bin 1, solid line and later bin 2,
dashed line. Arrows indicate centers of peaks at ˜2.6 and ˜3.5 Hz that moved with
time to slightly higher frequencies. The predicted width of the 2.6 Hz resonance is
2Δ. (b) Aftershocks to the ESE. Early bin 3, solid line and later bin 4, dashed line.
The earlier stack resolves the ˜2.6 Hz peak, but the latter stack does not. (c)
Location map: Triangle; PS10‐C; dark circles, bin 1; light circles, bin 2; dark dia-
monds, bin 3; and light diamonds, bin 4. The aftershocks and the topography
crudely show the Denali Fault trace.
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only about 1/3 of the horizontal components. Its spectral peak at ~4.5 Hz was similar to that between 40.24
and 50.48 s but not well resolved. This component showed also the ~1.2 Hz peak that was also present on
both horizontal components. By this time interval, P waves apparently no longer dominated the
vertical signal.

5. Deep Nonlinearity Associated With the Near‐Field Velocity Pulse

The near‐field velocity pulse likely caused frictional failure within the stiff crystalline rock beneath the gravel
at PS10. We discuss this previously described process (Sleep, 2016 and references therein). Such nonlinearity
is a general feature of three‐dimensional numerical models of earthquake rupture (Roten et al., 2014, 2016;
Roten, Olsen, Cui, &Day, 2017;Wang et al., 2019). There is thus some presumption that this process occurred
beneath PS10.

Basically, the strong dynamic stresses and strains associated with the near‐field velocity pulse brought the
uppermost ~2 km of the crystalline rock to inelastic failure and caused damage. We concentrate phenomen-
ologically on the hypothesis that high‐frequency Swaves passing through the inelastically deforming region
also nonlinearly attenuated. We discuss the effective rheology in section 7. We also use the ambient velocity
structure in Figure 2 for paleoseismology to infer peak ground velocities from past major earthquakes before
2002 near PS10.

Our scaling relationships are based on simple kinematics, as there is not enough information for PS10 to for-
mulate a more sophisticated approach. The particle velocity Vpulse and displacement within the crystalline
rock are mainly horizontal, and the wave of the near‐field velocity pulse propagates in the horizontal fault‐
parallel direction with phase velocity cpulse. At failure, the dynamic stress (horizontal shear traction on ver-
tical planes) in (2) equals the failure stress in (7):

τfail ¼ Peffμ≈μ ρ−ρwð Þgz ¼ τdyn ¼ Gεpulse ¼ GVpart

cpulse
: (10)

This equation indicates a criterion for the onset of inelastic failure. The effective value of the shear modulus
likely decreased once failure is underway, although we did not resolve this effect.

In a repeatedly shaken region like around PS10, rock damage during each event reduces the shear modulus.
In this testable hypothesis, a self‐organized process called low‐cycle fatigue (Lubliner, 1990) ensues where
the shear modulus as a function of depth adjusts so that the strain for failure equals the dynamic strain in
typical large events:

εfail ¼ Peffμ
G

¼ Vpart

cpulse
≈
μ ρ−ρwð Þgz

G
: (11)

It should be remembered in terms of (5) that μmay represent a Coulomb stress ratiowhere the inelastic strain
rate goes from slow to fast rather than a sharp coefficient of friction. The key assumptions are (1) the near‐
field velocity pulse had long enough wavelength that the particle velocities did not change a lot with depth
in the uppermost ~2 km. The measured particle velocity at the surface is thus an acceptable approximation
for the one at depth. (2) The effective phase velocity was essentially horizontal, at the rupture velocity, and
parallel to the fault trace. As discussed in subsection 5.1, published models of the Denali earthquake are
insufficient to appraise these assumptions in detail. Generic numerical models of the 1992 Landers earth-
quake do show development of a nonlinear flower structure along the fault (Roten, Olsen, & Day, 2017).

The right‐hand approximate equality in (11) applies when the (preindustrial for the past earthquakes) water
table is at the surface and the coefficient of friction and density are constant with depth. Solving for G in
terms of constant imposed past dynamic strain εfail, the shear modulus increases linearly with depth.
Otherwise, finite water‐table depth and variations in the coefficient of friction cause predictable variations
of G/z from a constant that are observed (Sleep, 2016).

5.1. Dynamic Strains for Crystalline Rock Failure Beneath PS10

We appraise the hypothesis in (11) using Table 1 and Figure 2, which gives the failure strain at the center of
each layer for the tabulated density and shear modulus, the water table at the surface as approximately
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observed, and a coefficient of friction with the generic value of 0.7 (i.e., we assume that many weak cracks,
rather than strong intact rock, accommodated the modest inelastic strains).

The centers of the tabulated layers within the crystalline rock in Figure 2 are an approximation for a smooth
gradient. The smooth curve through the centers is likely a better representation of the subsurface than the
layers. We also modified the solid curve within the gravel and uppermost crystalline rock to include more
detailed information from Figure 18 of Kayen et al. (2004).

The computed failure strains are at the centers of the layers that represent the slowly varying failure
strains within the velocity gradient in the crystalline rock. We evaluate the scaling relationship in (11)
at the centers of the layers where the gradient model and the layered model give the same result. For con-
text from subsection 2.1, the actual dynamic strain was crudely 0.5 × 10−3. The failure strain at the top of
the crystalline rock is 0.35 × 10−3 in the gradient model at an S velocity of ~850 m s−1. The computed
failure strains in the centers of upper 3 crystalline rock layers are between 0.45 × 10−3 and 0.7 × 10−3,
that is, crudely ~0.6 × 10−3. The failure strain at 1700 m depth in the deep crystalline rock also is of
~0.6 × 10−3, which in Figure 2 is drawn as the base of the damage zone. That is, the calculation indicates
that an inelastic strain of ~0.6 × 10−3 will commence damage in the deeper crystalline rock, and a some-
what lower dynamic strain will damage the shallowest crystalline rock. That is, we predict that the shal-
lower crystalline rock preferentially failed from the near‐field velocity pulse, but we have no good way to
appraise this detail with tomography.

With regard to paleoseismology in (11), the tabulated and plotted data indicate that previous strong near‐
field velocity pulses of ~0.6 × 10−3 dynamic strain could have repeatedly brought the crystalline rock down
to ~1700 m into frictional failure. This value ~0.6 × 10−3 applies to dynamic strain from past Denali earth-
quakes and is within resolution value of ~0.5 × 10−3 inferred in subsection 2.1 and this subsection for the
2002 Denali mainshock.

We discuss dynamic strains within the gravel in terms of (11) with the caveat that vertically propagating S
waves in Figure 3 may be a better approximation. The S‐wave velocity at the center of the gravel is
~550m s−1 from Figure 18 of Kayen et al. (2004) rather than 400m s−1 in Table 1. The tabulated failure strain
from (11) is (400/550)2 times the tabulated strain of ~1.045 × 10−3 or 0.55 × 10−3. The S‐wave velocity is
~300 m s−1 in the uppermost 30 m; the rounded failure strain of 0.6 × 10−3 causes failure at ~18 m depth.
The shear modulus in (11) cannot go all the way to zero at very shallow depths. That is, the S‐wave velocity
and shear modulus in the gravel are crudely self‐organized in (11) so that failure occurs at a strain of ~0.6 ×
10−3, as in the crystalline rock.

The lack of observable resonances during the near‐field velocity pulse might be attributed to transient failure
in the uppermost crystalline rock. A dynamic strain of ~0.35 × 10−3 brings the uppermost crystalline rock
into failure. This failure strain is less than that for the base of the gravel and that for the underlying crystal-
line rock. Preferential failure of the uppermost crystalline rock under the imposed dynamic strain decreases
the S‐wave velocity of this rock, while the overlying lowermost gravel is not damaged. The reflection coeffi-
cient from the gravel‐rock interface decreases, and thus the strength of the resonance within the gravel layer
decreases. This effect alone does not affect the period of the resonance. The predicted resonance remains
weak until the damage in the uppermost crystalline rock heals.

In general, this nonlinear interaction effect may lead to overall weakening of the reverberating surface sig-
nal and hence reduce peak ground acceleration. Traditional site response formalism includes strengthen-
ing of the resonance from damage in the shallow layer but not weakening of the resonance from damage
to the top of the underlying crystalline rock. In addition, the deeper damage is associated with long‐period
waves, which here are associated with the near‐field velocity pulse. We are not aware of a published treat-
ment of this nonlinear effect. We note that receiver function methods (e.g., Tao et al., 2014) might be able
to monitor transient changes in the reflection coefficient at the base of the gravel and seismic velocity
changes within the gravel associated with healing. We discuss relevant digital aftershock data in
section 6.

We continue by comparing the observed dynamic strain in the Denali earthquake at PS10 with this predicted
failure strain of ~0.6 × 10−3 using (2). A PGV velocity of 1.8 m s−1 was measured. We begin with the generic
value of 3.5 m s−1 for rupture velocity in an example, which yields a dynamic strain of 0.52 × 10−3. This value
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is close (within resolution) to the predicted failure strain of 0.6 × 10−3. We now examine constraints of the
dynamic velocity within the crystalline rock and appropriate value of the propagation velocity.

The long‐period dynamic velocity in the crystalline rock differed somewhat from the measured value at the
surface. There were only mild reverberation effects, as the frequency of most of the near‐field velocity pulse
was below the resonant frequency ~1.2 Hz for S waves in the gravel (Figure 6b). However, the significant
nonlinearity in the gravel kinematically implies that PGV in the crystalline rock was somewhat greater than
that at the surface. In this hypothesis, nonlinear attenuation in the gravel clipped acceleration (Figures 3 and
4), so the surface velocity increased more slowly with time than at depth. A somewhat longer duration for
the surface dynamic velocity is integrated to give the essentially same dynamic displacement, as did a some-
what shorter interval of higher dynamic velocity in the crystalline rock.

5.2. Rupture Velocity Beneath PS10

The rupture velocity (or phase velocity) beneath PS10 in (11) was somewhere around the S velocity of the
deep rocks, but it is difficult to do better. Published inversions for slip during the Denali earthquake do
not agree, and as already noted, it is not possible to infer the details of rupture near PS10 independently
of the PS10 records. Asano et al. (2005) give ~3.5 m s−1 near PS10. Dreger et al. (2003) give the range of
3.3−3.7 m s−1. Frankel (2004) and Liao and Huang (2007) used 3.5 m s−1 for modeling. Oglesby et al.
(2004) limited the rupture velocities to 3.3 m s−1 for dynamic modeling. Walker and Shearer (2009) obtained
3.3 m s−1 using a back projection method.

Ellsworth et al. (2004) and Dunham and Archuleta (2004) obtained the supershear velocity of ~5.5 m s−1

from the waveforms at PS10. They inferred that only a short segment of the fault west of PS10 became super-
shear. The back projection method of Walker and Shearer (2009) did not resolve this feature. Frankel (2004)
also did not resolve supershear rupture on this segment. He did resolve a subevent near PS10 that was
delayed after the nominal rupture front. The complicated signal from the subevent, if real, might mimic
supershear effects on the PS10 records. It also complicates inference of peak dynamic strain beneath PS10.

5.3. Additional Preearthquake Ambient Stresses and Elastic Strains

An additional complication is that the near‐field velocity pulse augments the static shear traction that built
up around the fault since the previous large event. Overall, the dynamic shear traction tends to align some-
what with the static shear traction to cause failure. Published dynamic and static models of the Denali event
provide neither tensor dynamic strain nor tensor coseismic static strain beneath PS10. There is no simple
way to extract this information from the models. There was no INSAR coverage near PS10 (Wright et al.,
2004); so the static coseismic strain at PS10 and the local depth of rupture are poorly constrained.

Static stress drops frommodels of the earthquake do constrain static strain with poor resolution. Dreger et al.
(2004) gave range of between 1.3 and 5.0 MPa. Wesson and Boyd (2007) gave 1–4 MPa. Aftershocks show
that the stress drop was nearly total (Ratchkovski, 2003; Wesson and Boyd, 2006). For example, the static
strain for 4 MPa stress drop and the deep shear modulus of 30 GPa in Table 1 is 0.13 × 10−3. This value is
a modest part of the computed dynamic strain of 0.52 × 10−3, but again detailed information is not available
for PS10.

5.4. Search for Suppression of S Waves by the Near‐Field Velocity Pulse

It is obvious that the high‐frequency S waves recorded at PS10 were relatively weak (Ellsworth et al., 2004;
Martirosyan et al., 2004). The resolved normalized horizontal acceleration was barely above 0.1 except dur-
ing the near‐field velocity pulse (Figures 4 and 5). The high‐frequency signal is also isotropic in the sense that
oscillations fill the 0.1 g circle about the origin. These are the key observations that we use to infer that the
near‐field velocity pulse did suppress S waves.

We point out alternative hypotheses: (1) An effective coefficient of friction of ~0.1 would explain this obser-
vation in (9). However, this very low value seems unlikely for gravel and crystalline rock. One would then
need another explanation of why the near‐field velocity pulse clipped at ~0.35 g and yielded the reasonable
effective coefficient for gravel of 0.35, which is well above 0.1. (2) It is conceivable that the Denali earthquake
did not generate strong high‐frequency S waves to begin with or that high‐frequency signal was trapped
within the fault zone so that no deep nonlinear attenuation is needed. We have only raw spectra, so we
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cannot a priori dismiss source effects, effects from the velocity structure near the fault plane, or even very
shallow effects. We begin with high‐frequency Swaves during the near‐field velocity pulse and then examine
differences between spectra before and after this strong shaking.

In more detail, the dynamic stress from the near‐field pulse and hence nonlinear attenuation of the high fre-
quency waves is likely to vary along a ray path (or ray tube). We begin with pseudolinear attenuation where
observed horizontal spectra do decay as

exp −t0fð Þ ¼ exp −ωt0=2πð Þ ¼ exp −πf κpath
� � ¼ exp −ωf t=2Qð Þ; (12)

where f is frequency, t0 is an empirical factor with dimensions of time, ω is angular frequency, and the factor
κpath is used in geotechnical studies to represent attenuation (e.g., Hassani & Atkinson, 2018), which is con-
venient in this paragraph. The final equality uses the effective quality factorQ over the travel time t of the ray
path. The factor κs over each segment s of the ray path decreases the predicted amplitude by
the factor exp(−πfκs). The net attenuation factor is the product of (or integral over) the effect of each segment

Π
s
exp −πκsfð Þ ¼ exp −πκpathf

� �
, where κpath≡∑

s
κs. Finally, the actual predicted signal is the sum of (or inte-

gral over) numerous rays that experienced different net attenuations. It might be possible to do time‐
dependent and frequency‐dependent tomography with a dense network of near‐fault stations, but we have
only the single PS10 record for the Denali mainshock.

The observed horizontal spectra during the near‐field velocity pulse in Figure 6b decay exponentially with
frequency with t0 ≈ 0.5 s. A simple explanation is that the apparent quality factor Q in (12) does not depend
strongly on frequency and that the initial spectra of high‐frequency S waves were initially flat as expected,
from the well‐known scaling of displacement spectra to ω−2 above the corner frequency. Here, we suspect
strong transient attenuation along part of the deep path through near‐field pulse where the linear apparent
attenuation 1/Q and effective propagation time t are not known a priori. We use 3 s for an example with the
inference that the S waves and the near‐field pulse propagated together, so the effective time is longer than
the duration for a near‐field pulse at fixed station PS10. The effective quality factor Q in (12) is thus ~20,
implying that the shear waves were significantly damped.

The high‐frequency tails of the spectra provide additional information (Figure 6c). A small amount of the
horizontal signal either seems to have evaded the near‐field velocity pulse as S waves or was converted from
Pwaves. In general, the recorded signal is the sum of the effects of numerous ray paths that experienced dif-
ferent attenuations. This slowly attenuating signal becomes evident only at high frequencies; proportional to
exp(−ωt0/2π)+0.01exp(−ωt1/2π), where t1 = 1/30 s provides a better fit. The apparent Q associated with t1 is
~15 times that associated with t0 or ~300. For calibration, the linear low‐amplitude shear waveQ is 100 in the
gravel and 200 in the crystalline rock; the linear low‐amplitude P‐wave Q is 200 in the gravel and 400 in the
crystalline rock (Frankel, 2004). Adjusting the propagation time from 3 to 2 s gives an apparent S‐wave Q
associated with t1 of 200 in agreement with Frankel's (2004) value for the crystalline rock.

The survival of high‐frequency S waves of modest amplitude at the tail of the spectrum indicates that the
earthquake source generated some of these waves at the time of the near‐field velocity pulse. It also indicates
that these waves were able to transmit through the shallow gravel. The apparentQ of the high‐frequency tail
is similar to the low‐amplitude value 200 inferred by Frankel (2004) and hence compatible with the expected
Q of ray paths that evaded the near‐field pulse. This apparent Q is much greater than 20 the (pseudolinear)
apparent value for most of the S‐wave signal during near‐field velocity pulse.

Signal from early and from late in the record bears on source and gravel properties. S waves generated west
of PS10 from 0 to 10.24 s moved more or less with the near‐field velocity pulse and hence potentially experi-
enced nonlinear attenuation along much of their paths. However, the source was able to generate some high
frequency both late and early in the record. By 40.24 to 50.48 s, the rupture front had moved well to the east,
so there is some expectation that the near‐field velocity pulse no longer was available to strongly suppress S
waves that propagated in the opposite direction. The N43.3W component was less coupled with Pwaves and
hence a more reliable indicator of nonlinear attenuation of high‐frequency S waves than the N46.7E
component. From 0 to 10.24 s, the higher‐frequency amplitudes for N43.3 W were lower than the 1.2 Hz
peak. Amplitudes were somewhat elevated between 6 and 8 Hz. The vertical amplitudes were also strong
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in this interval, so coupling of P waves into the horizontal component is conceivable. Still, the presence of
high‐frequency P waves is an indication that the source could generate high‐frequency S waves. From
40.24 to 50.48 s, 2–7 Hz high‐frequency horizontal signal was comparable to the ~1.2 Hz resonance. The
persistence of high‐frequency horizontal signal is an evidence that nonlinear attenuation along the ray
paths had waned by this time. Strong ordinary linear attenuation within the gravel with Q ≈ 20 would be
expected to preferentially suppress the high‐frequency signal relative to the resonant signal. We inferred
that nonlinear attenuation associated with the near‐field velocity pulse had this effect earlier in
the earthquake.

The initial low‐amplitude signal is relevant to the source's tendency to generate high‐frequency body waves.
Physically, local irregularities in fault motion should generate both high‐frequency P waves and high‐
frequency S waves. Strong high‐frequency P waves arrived before the near‐field velocity pulse (Figure 5).
These P waves outran the near‐field velocity pulse soon after they were generated and thus likely
evaded nonlinear attenuation by the pulse. Furthermore, the vertical spectrum of these waves was strong
at high frequencies (Figure 6a) and relatively flat up to ~13 Hz. The well‐known asymptotic scaling of
displacement to ω−2 above the corner frequency implies flat acceleration spectra in the absence of
attenuation. Ordinary linear attenuation thus did not greatly suppress the P waves up to 13 Hz and only
mildly to 20 Hz.

However, two difficulties arise explanations that involve apparently constant low Q for S waves: (1)
Nonlinear inelastic rheology (including plastic rheology) in (3) does not exponentially suppress high‐
frequency waves. That is, the predicted quality factor from (3) Q in (12) is then dependent on frequency.
(2) The horizontal high‐frequency signal in Figures 8a and 8b from 30 to 40.24 s remained weak even though
the near‐field velocity pulse had moved on. We return to these topics in section 7.

5.5. Adjustment of Estimate of Deep Particle Velocity

A related kinematic effect is that rock failure diminished the near‐field velocity pulse. This effect was likely
moderate. Most of the energy in the pulse had recorded frequencies lower than 1 Hz, where the signal was
damped by a factor of ~3/4 extrapolating the exponential curve (Figure 6b). Nonlinear attenuation reduced
the particle velocity at the surface relative to that at depth. For reference, multiplying by 4/3 to restore the 1.8
m s−1 amplitude yields 2.4 m s−1 and 0.69 × 10−3 dynamic strain beneath the attenuating zone in the crystal-
line rock. This mild adjustment is compatible with the inference that inelastic strain only modestly reduced
the amplitude of the near‐field velocity pulse. The inferred maximum depth to failure was factor of ~4/3
greater than the 1700 m depth inferred above. We use the rounded failure depth 2000 m in further discus-
sions to avoid spurious precession.

Kinematically, the time integral of velocity needs to yield the static displacement both at the surface and
beneath the zone of failure. If the deep and shallow displacements are the same, a longer duration modestly
reduced velocities at the surface equaled that a shorter duration of somewhat higher velocities at depth.
However, there may have also been some shallow slip deficit (Kaneko & Fialko, 2011; Roten, Olsen, &
Day, 2017). In that case, the product of particle velocity at depth with its duration exceeded this product at
the surface. Therefore, the deep particle velocity of 2.4 m s−1 inferred above may be also modestly underes-
timated by a factor related to the shallow slip deficit.

5.6. Comparison With the Lucerne Record From the 1992 Landers Earthquake

We provide another field example to aid in understanding the underlying physics. High‐frequency S waves
impinged on Lucerne (LUC, located at 34.568°N, 116.612°W) during the 28 June 1992 Landers Mw 7.2 earth-
quake. As with PS10, this station was close ~1.25 km to the main fault rupture. Sleep and Nakata (2015)
noted that the near‐field velocity pulse may have suppressed S waves. Three‐dimensional nonlinear numer-
ical models (Roten, Olsen, Cui, & Day, 2017) of the Landers earthquake show failure with a flower structure
with shallow nonlinear attenuation away from the fault, which supports this inference.

Chen (1995) and Iwan and Chen (1995) obtained corrected digital seismograms from the analog record.
Horizontal PGV was 1.5 m s−1, similar to 1.8 m s−1 recorded at PS10 during the Denali earthquake. Unlike
PS10, LUC recorded strong high‐frequency P waves and S waves with accelerations up to ~0.8 g. The issues
of this earthquake not generating any strong high‐frequency waves or these waves being unable to ever reach
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the station do not arise. The rupture jumped between different fault segments (e.g., Wald and Heaten, 1994).
The irregularities in the fault trace are conceivable sources of high‐frequency signal.

The high‐frequency horizontal acceleration was weak, while the initial part of the near‐field velocity pulse
passed (Sleep & Nakata, 2015), as it was at PS10 (Figure 9). High accelerations occurred later. The main dif-
ferences of LUC with the PS10 record are that longer‐period dynamic accelerations were weak for most of
the near‐field velocity pulse at PS10. High‐frequency oscillations at LUCwere centered at the origin between
7 and 8.5 s and about 0.2 g, somewhat greater that the high‐frequency accelerations at PS10. A stronger sus-
tained long‐period dynamic acceleration of ~0.17 g arrived between 8.5 and 8.875 s. The circle of oscillations
moved ~0.17 g to the west, and the amplitude relative to the center of this circle was similar to that in the
prior interval, 0.2 g. That is, the high‐frequency S‐wave motion directions were isotropic as at PS10.

Figure 8. Spectral acceleration amplitudes for the N43.3 W, N46.7E, and vertical components for the intervals 0–10.24,
30–40.48, and 40.24–50.48 s show expected effects of gravel damage from strong shaking. On all the panels, the 0–10.24
record's gain is increased by a factor of 7 and the 40.24– 50.48 gain by a factor of 3 relative to the 30–40.24 interval so that
the amplitudes of the ˜1.2 Hz peaks on the N43.3 W panel are similar at all times. The suspected S‐wave resonance at 1.2
Hz moved to lower frequencies from 30 to 40.24 s on the N43.3 W component. It recovered toward its initial value from
40.24 to 50.48 s. The suspected P‐wave resonance at 4.8 Hz moved to lower values from 40.24 to 50.48 s on the vertical and
N46.7E components..
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That is, nonlinear suppression of Swaves by the near‐field velocity pulse is reasonable beneath LUC, but the
resulting acceleration was greater than that at PS10. Modest high‐frequency accelerations from S waves
coexist with the near‐field velocity pulse and appear to behave additively in Figure 9b. The duration of
reduced high‐frequency signal at LUC was much briefer than that at PS10. We return to this topic in
section 7.

6. Search for Healing of the Gravel and of the Crystalline Rock

We appraise the hypothesis that strong seismic waves damaged the gravel and crystalline rock beneath PS10
by looking for subsequent increases of seismic velocities from healing after the mainshock. We concentrate
on transient changes in seismic velocity and make no attempt to improve models of the absolute seismic
velocities by Brocher et al. (2004), Frankel (2004), and Kayen et al. (2004). Aftershock data recorded by
Carver et al. (2003) are suitable for this purpose. Their temporary stations near PS10 were not installed until
7 days after the mainshock and continued to record until 20 days after the mainshock. We present results
with at best marginal resolution to illustrate approaches that may be applicable to future well‐
recorded earthquakes.

We study data collected by Carver et al. (2003) from their temporary PS10 (latitude = 63.4237°N, longitude =
−145.7660°E) that was within a plywood‐sided structure and ~50 m from PS10. This station collected signals
from aftershocks located by Carver et al. (2003) from 9 November to 15 November 2002 (Table 2). We here-
after refer to this station with our own designation of PS10‐C to avoid confusion with the mainshock
station PS10.

The Kinemetrics K2 Instruments with Episensor accelerometers at PS10‐C have flat spectral response from
DC to the Nyquist frequency of 50 Hz. The instruments operated in triggered mode. We are thus unable to
apply ambient noise passive seismology. In addition, we cross‐correlated the P‐wave arrivals of all recorded
events at PS10‐C but were unable to find any repeating events. We were unable to locate any aftershock data
fromPS10 itself.We also obtained data fromnearby crystalline rock sites in the temporary array, whichwe do
not present here.

Studying healing of the gravel is in principle straightforward, as one can traditionally monitor its resonance
frequencies. We apply receiver functions to monitor the change in the reflection coefficient at the base of the
gravel associated with healing of damage in the uppermost crystalline rock. However, we do not have a
definitive way to associate spectral peaks with ray paths.

6.1. Search for Transient Changes in the Seismic Velocity of the Gravel

We investigate healing of the gravel layer using the spectral peak on the vertical component that is likely
associated with reverberating P waves. The stations are ~50 m apart, so we cannot be sure that the thick-
nesses and seismic properties of the gravel are the same in both locations. Detecting any difference between
the resonant frequency from 40.24 to 50.48 s in the aftermath of the mainshock at PS10 and the resonant
frequency days later at PS10‐C is here of limited value. We thus examine changes between earlier and later
aftershocks. For plausibility of our approach, Han et al. (2015) resolved vertical resonant frequency changes
in gravel after large events in Japan.

Still, the vertical resonance at PS10 of ~5 Hz indicates where to look for vertical resonance at PS10‐C.We also
present the expected width of the resonance for a layer over a half‐space for future reference. The full
width is

2Δ ¼ 2 tAπð Þ−1; (13a)

where the amplitude retention time is

tA ¼ 4ρgZg

ρHαH

� 

2ρgαg

ρHαH þ ρgαg

 !−2

; (13b)

where Zg is the thickness of the gravel, ρ is density, α is P‐wave velocity, and the subscripts g and H
indicate gravel and half‐space. We present an example from Table 1, calibrated to give a 2.6 Hz resonance
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peak with forethought. The gravel is 173 m thick; its density is 1800 kg m−3, and its P‐wave velocity is
1800 m s−1. The density of the half‐space is 2400 kg m−3, and its P‐wave velocity is 2500 m s−1. The
calculated resonance width is 1.5 Hz.

The apparent coupling for the horizontal N46.7E component with the vertical component at PS10 indi-
cates that there may also have been directional site effects at PS10‐C. Crystalline rocks outcrop east and
south of PS10‐C (Carver et al., 2003). It might be expected that the base of the gravel is not horizontal
and might thicken to the west. The aftershocks are near the Denali Fault and hence ~WNW or ~ESE of
PS10‐C. We sorted aftershocks located by Carver et al. (2003) into those back azimuths (Figure 7 and
Table 2). We did not use unlocated events, although the recorded motion of the initial P wave does con-
strain the back azimuth to some extent. We sorted the located events into four bins with two time intervals
and WNW and ESE back azimuths (Figure 7 and Table 2). Magnitudes range from 2.7 to 5.1 (Carver
et al., 2003).

Table 2
Denali Aftershocks

Number Date Time Longitude, °E Latitude, °N Magnitude

Bin 1 Mean = 3.76
1NW 2002‐11‐09 05:17:38.72 −147.542 63.634 3.8
2NW 2002‐11‐09 06:45:47.16 −147.781 63.540 3.7
3NW 2002‐11‐09 08:39:06.38 −145.913 63.446 3.1
4NW 2002‐11‐09 10:00:00.89 −147.650 63.632 4.5
5NW 2002‐11‐09 11:03:13.43 −147.493 63.571 4.8
6NW 2002‐11‐09 14:41:42.67 −146.151 63.447 3.2
7NW 2002‐11‐09 16:36:04.92 −147.570 63.619 4.1
8NW 2002‐11‐09 17:14:15.38 −145.996 63.446 3.6
9NW 2002‐11‐09 20:19:47.43 −145.953 63.435 2.7
10NW 2002‐11‐11 18:40:27.82 −146.004 63.507 3.3
11NW 2002‐11‐11 19:13:09.82 −146.943 63.565 3.9
12NW 2002‐11‐11 20:09:53.31 −147.280 63.544 4.0
13NW 2002‐11‐11 20:31:11.91 −147.682 63.582 4.2
Bin 2 Mean = 4.08
14NW 2002‐11‐11 22:07:56.85 −147.804 63.590 4.1
15NW 2002‐11‐12 09:28:17.09 −147.034 63.587 3.6
16NW 2002‐11‐12 13:34:08.00 −145.950 63.467 4.0
17NW 2002‐11‐13 04:09:05.43 −147.483 63.552 3.9
18NW 2002‐11‐13 08:39:14.90 −146.986 63.578 4.1
19NW 2002‐11‐14 03:09:40.87 −147.610 63.540 4.1
20NW 2002‐11‐14 14:37:23.76 −146.106 63.427 5.1
21NW 2002‐11‐14 16:57:24.36 −147.507 63.526 3.7
22NW 2002‐11‐14 21:24:57.81 −147.854 63.502 3.9
23NW 2002‐11‐15 05:23:56.00 −147.167 63.433 4.3
24NW 2002‐11‐15 08:15:31.00 −147.600 63.550 4.2
25NW 2002‐11‐16 01:20:12.18 −147.803 63.559 3.9
Bin 3 Mean = 3.70
1SE 2002‐11‐09 03:03:42.61 −144.245 63.090 4.2
2SE 2002‐11‐09 07:44:24.52 −145.184 63.239 3.7
3SE 2002‐11‐11 17:29:58.71 −145.345 63.293 2.7
4SE 2002‐11‐11 22:27:21.45 −145.284 63.335 3.4
5SE 2002‐11‐12 00:24:16.12 −144.823 63.346 4.5
6SE 2002‐11‐12 00:24:16.12 −144.779 63.317 3.7
Bin 4 Mean = 3.70
1SE 2002‐11‐12 06:26:41.48 −144.870 63.300 3.5
2SE 2002‐11‐12 06:43:40.57 −145.350 63.405 3.6
3SE 2002‐11‐13 06:43:40.57 −145.377 63.295 2.8
4SE 2002‐11‐13 13:40:39.04 −144.330 63.158 5.1
5SE 2002‐11‐15 18:37:28.52 −145.144 63.295 3.7
6SE 2002‐11‐15 18:53:31.84 −144.785 63.250 3.5

Data from Carver et al. (2003). Mean magnitude is given for each bin.
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We computed vertical spectra using the full available record for each
aftershock after removing linear trends and tapering the data. The
number of time data points and hence the computed frequencies
differed for each aftershock. We interpolated to 0.01 Hz in frequency
prior to stacking. We normalized each spectrum with the peak
amplitude in the range 2–4 Hz before stacking so that each aftershock
makes a similar contribution in the frequency range of the
initial interest.

With regard to impinging signal, the expected acceleration spectrum of
each event is crudely flat above the corner frequency and proportional to
ω2 below the corner frequency. The stacked spectra had a range of mag-
nitudes and hence a range of corner frequencies (Figure 9 and Table 2).
The corner frequency of the larger events was around 5 Hz; the
normalized spectral amplitude of these events did not increase much
above 5 Hz. The corner frequency of the smaller events was well above
5 Hz; the normalized spectral amplitude of these events increased above
the amplitude at 5 Hz. The events with high corner frequencies domi-
nate the stack at high frequencies.

This normalization procedure achieved the goal in the region of interest
that each event contributed similarly to the stacks. The data show that
aftershocks did generate high‐frequency signal and that (by 7 days after
the mainshock) the gravel and crystalline rock beneath PS10‐C could
efficiently transmit high‐frequency low‐amplitude signal.

The expected spectra peak near ~5 Hz that was observed for the main-
shock at PS10 is not evident for the aftershocks WNW of PS10‐C
(Figure 9a). There is a peak a ~2.6 Hz. The width of the peak is ~1.5
Hz also as expected. The later broad peak is systematically displaced
slightly (0.025–0.05 Hz) toward higher frequencies as would be
expected from healing of the P‐wave velocity in the gravel. A second
broad peak is centered at ~3.5 Hz and similarly displaced toward higher
frequencies at later times. Undue attention should not be given to the
individual narrow peaks. The ESE aftershocks show a broad peak
around ~2.6 Hz in the earlier spectrum that is not resolved in the
later spectrum.

The cause of the difference between the WNW and ESE spectral stacks
is not obvious. There were twice as many aftershocks in the WNW
bins, so stacking is expected to better suppress spectral vagaries in
the impinging signal. All but 2 of aftershocks in bin 1 occurred on
the first day, so there is greater effective time interval between the

WNW bins and the ESE bins. It is also conceivable that the site resonances are directional
beneath PS10‐C.

The ~3.5 Hz peak in the WNW spectra requires some explanation. Kayen et al. (2003) did not report detailed
P‐wave structure near PS10‐C, so we make kinematic inferences from their S‐wave work. For example, it is
plausible that the water table was not exactly at the surface at PS10‐C. The P‐wave velocity was then a factor

of ~
ffiffiffi
3

p
of the shallow S‐wave velocity of 300 m s−1 or ~520 m s−1. Dry gravel with thickness of ~13 m above

the water table with that velocity and 130 m of gravel with the wet velocity of 1800 m s−1 would have a ~2.6
Hz resonance for the full gravel and ~3.46 Hz resonance within the wet gravel. The predicted resonance fre-
quency within the dry gravel is ~10 Hz. The 13 m thickness of the dry gravel is poorly constrained as we have
only indirect indications of its P‐wave velocity.

In addition to the ~10 Hz resonance in the dry gravel, first overtones at ~7.8 and ~10.5 Hz are predicted for
the 2.6 and 3.5 Hz resonances. PS10‐C recorded strong signal in this frequency range. We normalize each

Figure 9. Polar plot of dynamic acceleration recorded at LUC as in Figure 2.
(a) From 7 to 8.5 s the long‐period acceleration from the near‐field velocity
pulse was weak. High‐frequency motion was centered at the origin and less
than ˜0.2 g. 47 (b) Between 8.5 and 8.875 s, the long‐period acceleration was
˜0.17 g to the west. High‐frequency oscillation is centered to 48 ˜0.17 g west of
the origin. The amplitudes measured from this center are approximately
similar to 0.2 g to those measured 49 from the origin in panel (a).
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vertical aftershock spectrum to the peak amplitude in the region of
interest between 8 and 16 Hz so that each spectrum makes similar con-
tributions to the stack (Figure 10). The ~2.6 and ~3.5 Hz peaks and
their slight offset over time are still evident in the WNW stack. This
observation hints that the similar behavior in Figure 7 is not an artifact
of the weighting method in the stack. Again, the ESE data do not use-
fully resolve spectral peaks. There is a broad peak in the WNW stack
around 11 Hz because ordinary attenuation becomes important at
higher frequencies. The predicted higher‐frequency peaks are
not resolved.

Returning to our main objective, healing is classically expected to pro-
gress with the logarithm of time since the mainshock. We provide a sim-
ple example. The WNW bins were collected at ~7 and ~12 days after the
mainshock. The predicted increase in P‐wave velocity is thus propor-
tional to ln(12/7) = 0.54. The change since the end of the mainshock
depends on the time after strong shaking ended for the measurement
from 40.24 to 81.20 s, ~60 s = 7×10−4 days. The full predicted increase
is proportional to ln(10/7×10−4) = 9.8, where aftershock data are crudely
10 days after the mainshock. The observed frequency decreased by ~0.25
Hz (~10% of the resonant frequency) from its low‐amplitude value at the
start of shaking to the immediate aftermath of shaking at PS10. The
predicted frequency increase during the aftershock interval is ~0.25
Hz/(9.8/0.54) = 0.014 Hz, which is somewhat less than our estimate
from data of 0.025 to 0.05 Hz. There is crude agreement given that
strictly logarithmic behavior is assumed over a wide range of time spans.
We also do not know if the coseismic decrease in the spectral peak was
0.25 Hz at both PS10 and PS10‐C. For reference, Han et al. (2015)
observed decreases of the resonant frequency in shallow dry gravel of
over 50%. The utility of installing temporary digital seismograms quickly
after the mainshock or in this case of keeping the original PS10 opera-
tional should be evident.

The stacks of vertical spectra are weak around 1 Hz. We did not resolve
the ~1.2 Hz horizontal resonance associated with S waves at PS10. The
weak signal at this frequency may not even be dominated by S waves.
We do not attempt further analysis of this peak.

6.2. Search for Transient Changes in the Seismic Velocity of the
Uppermost Crystalline Rock

The dynamic strains associated with the near‐field velocity pulse in our
hypothesis brought the uppermost crystalline rock into nonlinear failure,
as discussed in section 5.1. Postseismic increases in the seismic velocities

of the crystalline rock would show it was in fact coseismically damaged. We concentrate on methods related
to the seismic impedance contrast between the crystalline rock in the gravel, as we have not identified ray
paths, which we can time, through the crystalline rock. We do not know a priori whether the crystalline rock
actually healed more than the overlying gravel during our observations.

In particular, we use P‐to‐S receiver functions at PS10‐C. PS10 did not record any strong aftershocks sui-
table for receiver functions in the available 83.67 s of record after the initial P wave. Weak bursts of
high‐frequency (to the 100 Hz Nyquist) vertical and horizontal signal did occur in the later ~50 s of the
record when rupture had moved well to the east. Small immediate aftershocks on the nearby fault plane
could well have generated this signal. None of the events was large enough compared with coarriving sig-
nal to attempt receiver functions.

Figure 10. Stacked spectra for Denali aftershocks (Table 2) normalized to
the 8 to 16 Hz interval as in Figure 8. (a) Aftershocks to the WNW. Early
bin 1, solid line and later bin 2, dashed line. Arrows indicate centers of peaks
at ~2.6 and 3.5 Hz that moved with time to slightly higher frequencies. A
broad peak is resolved around 11 and 21 Hz. (b) Aftershocks to the ESE.
Early bin 3, solid line and later bin 4, dashed line. The earlier stack resolves
the ~2.6 Hz peak, but the latter stack does not.
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We also searched for small very shallow (tens of meters) earthquakes that
would generate high‐frequency bursts of signal at times of peak dynamic
stress (Fischer & Sammis, 2009; Fischer, Peng, et al., 2008; Fischer,
Sammis, et al., 2008). Following these works, we high‐pass filtered the full
time series above 20 Hz. The maximum resolved horizontal amplitude is
0.017 g, which is weak compared to amplitudes of over 0.1 g for known
driven shallow events. In addition, further filtering revealed that the
high‐frequency pulse correlated with in‐phase strong broadband arrivals
on all three components. These high‐frequency pulses are likely to be
the high‐frequency tails of broadband arrivals with comparable horizontal
and vertical amplitudes. Detecting very shallow induced earthquakes
would have confirmed the reality of shallow rock failure from
strong shaking.

With many more aftershocks, it would be possible to simultaneously
invert for seismic structure and for a broad spectrum associated with the
effects of corner frequency and attenuation for each aftershock.
Conversely, receiver function methods attempt to mathematically sup-
press the effects of the spectra of impinging waves.

The width of the vertical resonance Δ in (13) and the strength of the spec-
tral peak would, in principle, provide constraints on the crystalline rock
velocity. However, the peak width is not precisely resolved in our data.
It is also unlikely that the erosional unconformity between crystalline
rock and gravel is precisely flat beneath PS10 and PS10C. The interface
outcrops in the area of these stations (Carver et al., 2003). For plausibility
of lateral heterogeneity, we observe directional site effects with our stacks.

We use P‐to‐S receiver functions because the expected P arrival for S‐to‐P
receiver functions coarrives with P‐wave coda in our data. We begin by
estimating the P‐to‐S delay for a conversion at the base of the gravel using
Figure 7. The P‐wave resonance is ~2.6 Hz, which implies a 0.0962 s one‐
way vertical travel time. The S resonance was not resolved at PS10‐C.
However, the S‐wave resonance of ~1.2 Hz and the P‐wave resonance of
4.8 Hz at PS10 indicate a P‐to‐S velocity ratio of ~4. Applying that ratio,
the estimated one‐way S‐wave travel time is 0.3846 s at PS10‐C. The pre-
dicted delay is 0.3226 s. We instead observe a converted phase with a delay
of ~0.2 s (Figure 11a).

We studied aftershocks farther than 50 km away to the WNW of PS10‐C so that the impingement points and
angles of incidence on the base of the gravel were similar. The initial vertical P‐wave signal was ringy and
lasted much longer than ~0.2 s to the first converted phase (Figure 11a). Traditional P‐to‐S receiver function
using the full signal provided no useful information. We thus concentrate on the initial signal that is intui-
tively from the direct P‐wave.We truncated and tapered that vertical signal to 0.2 s after the start of the Pwave
and then deconvolved this signal with the radial component.Wewere also able to resolve the amplitude ratio
of the converted radial component to the initial P wave. We also used the simple method of measuring the
ratio of the peak amplitudes of the radial waves to the initial Pwave. The resulting amplitude ratios hadmuch
scatter and no apparent trend that would resolve healing of the uppermost crystalline rock (Figure 11b). We
did not attempt any other approach to this task.

7. Discussion and the Rheology of the Crystalline Rock

There is some expectation from generic numerical models of earthquake rupture that brought the crystalline
rock beneath PS10 into inelastic failure (Roten et al., 2014, 2016; Roten, Olsen, Cui, & Day, 2017; Wang
et al., 2019). In addition, dimensional analysis of the seismic signal recorded at PS10 makes it plausible that
such nonlinear failure did occur beneath PS10. The high‐frequency S waves that reached PS10 effectively
interrogated the transient rheology of that region. We begin phenomenologically with observations from

Figure 11. (a) Vertical and radial acceleration records for aftershocks 20NW
(Table). We truncated the source wavelet to compute receiver functions.
The delay between the vertical peak (arrow) and the radial peak (arrow) is
~0.2 s. We measured the amplitude ratio of these peaks. (b) Radial to
vertical amplitude ratios of the aftershocks to the northwest of PS‐10 as a
function of time. Receiver functions (filled ovals) and direct measurement
(open ovals) yielded much scatter and no apparent trend.
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PS10 during the Denali mainshock and LUC during the Landers main-
shock that should be explained. We then illustrate some attributes of
applicable rheologies.

First, it is well known that the high‐frequency S‐wave signal recorded at
PS10 was weak. In more detail, we found that these high‐frequency waves
apparently attenuated exponentially with frequency in Figure 6b. The
high‐frequency oscillations were weak ~0.1 g and had isotropic orienta-
tions in Figure 4. Some high‐frequency signal was recorded at PS10 before
the arrival of the near‐field pulse and well after the pulse. These observa-
tions hint that the Denali fault could generate high‐frequency S waves
and that these waves could propagate to PS10. However, high‐frequency
signal remained weak in Figure 8 well after the near‐field velocity pulse
had passed. A simple relationship between instantaneous failure from
the near‐field velocity pulse and suppression of high‐frequency S waves
is thus not attractive. That is, the near‐field velocity pulse may have
damaged the crystalline rock beneath PS10, and the high‐frequency S
waves nonlinearly interacted with inelastic strain related to healing of
this damage. Second with regard to LUC, high‐frequency S waves briefly
had low amplitudes during the near‐field velocity pulse. Unlike PS10,
stronger high‐frequency S waves arrived both before and after this time.
A simple relationship between instantaneous failure from the near‐field
velocity pulse and suppression of high‐frequency S waves may be applic-
able. We note that granite underlies LUC (Sleep, 2012), while schists
underlie PS10 (Carver et al., 2003) but do not attempt to extrapolate from
this information. As with PS10, the weak high‐frequency signal at LUC
had isotropic orientation.

We continue with the observation from PS10 in Figure 6b that the horizontal spectra decay exponentially
with frequency. That is, Q(ω) in (12) is crudely independent of frequency. This independence of frequency
is commonly observed with ordinary linear attenuation of seismic waves within rock; mathematical formu-
lations for exactly constant and nearly constant Q(ω) have been developed (e.g., Delépine et al., 2009;
Emmerich & Korn, 1987; Kjartansson, 1979; Strick & Mainardi, 1982). Suitable arrangements of springs
and dashpots can represent these rheologies.

We follow Delépine et al. (2009) by using springs and dashpots to represent complicated three‐dimensional
behavior within a heterogeneous rock mass. That is, we seek an equivalent medium for the rock mass. We
stick to scalars for brevity. A full model that represented the elastic and inelastic behavior of each crack
and the surrounding more intact rock is not particularly tractable.

We continue with the pseudolinear relationship of high‐frequency inelastic strain to the high‐frequency
dynamic stress in (4). Representing a nonlinear process by a sequence of pseudolinear processes is clearly
an approximation. Each segment s of a raypath instantaneously has an apparent (or differential) viscosity
η(s) and a shear modulus G(s). That is, we apply an instantaneous Maxwell rheology that represents the
well‐known behavior of linear viscosity interacting in parallel with linear elasticity (Figure 12). The charac-
teristic frequency of a spring is represented by the shear modulus

ω sð Þ≡G sð Þ=ηapp sð Þ; (14)

while the dash pot represents the apparent viscosity ηapp(s). The quality factor in (12) for each segment is
frequency dependent, Q(s) = ω/ω(s). In general, the amplitude change over one segment s is given by:

A ω; sð Þ ¼ A ω; s−1ð Þexp −ωt sð ÞQ−1 s;ωð Þ
2

� �
; (15)

whereA(ω, s− 1) is the amplitude at the end of segment s− 1,A(ω, s) is the amplitude at the end of segment ,
and it takes the ray time ts to cross the segment. Then using Q−1 = ω(s)/ω, we obtain the net diminution of
energy over the full path:

Figure 12. Quality factor Q plotted as a function of frequency for the seven
models in Table 3. The models assume Maxwell elements of springs and
dash pots acting in parallel to represent the equivalent instantaneous
behavior of a heterogeneous rock mass. The curves approach viscous flow at
low frequencies and linear elasticity at high frequencies. The parameters are
calibrated to obtain relatively constant Q in the few tenths to few tens of
Hertz range of interest. The curves shift to the right and retain their shapes
when the viscosity of all the elements is increased by a uniform factor.
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A ω; s ¼ smaxð Þ ¼ A ω; 0ð Þ∏
smax

s
exp

−t sð Þω sð Þ
2

� �
¼ A ω; 0ð Þexp −∑t sð Þω sð Þ

2

� �
: (16)

The predicted diminution of amplitude is independent of frequency rather than exponentially dependent
on frequency as in Figure 6b. The predicted amplitude of a sum of S waves arriving on various paths is also
independent of frequency. These results indicate that heterogeneity along raypaths and nonlinear rheology
in (4) do not directly explain the apparent exponent decrease of spectral amplitude with frequency in
Figure 6b.

Continuing to follow Delépine et al. (2009), we allow multiple Maxwell elements to act in parallel
(Figure 12). That is, we simply represent the more complicated situation where heterogeneous inelastic
cracks and elasticity of the rock approximately act in parallel on the scale of the quarter wavelength of the
high‐frequency S waves. The instantaneous and local apparent value of Q−1 is

Q−1 ωð Þ ¼
∑
l¼1

y lð Þ ω=ω lð Þð Þ
1þ ω=ω lð Þð Þ2

∑
l¼1

y lð Þ ω=ω lð Þð Þ2
1þ ω=ω lð Þð Þ2

; (17)

where l springs and dash pots act in parallel with characteristic frequencies ofω(l)≡G(l)/ηapp(l). The weight-
ing coefficients y(l) indicate the relative importance of each Maxwell element at the high‐frequency limit
ω → ∞, where no elastic strain occurs. These coefficients can sum to 1 without loss of generality.
Equation (17), unlike equation (6) of Delépine et al. (2009), has no spring element acting in parallel with
the Maxwell elements. Intuitively, the rheology should predict static nonlinear inelastic deformation asso-
ciated with the shallow slip deficit (Kaneko & Fialko, 2011; Roten, Olsen, & Day, 2017) and thus reduce
to instantaneous apparent viscosity at the limit of ω → 0. The expression y(l)/ω(l) indicates the relative
importance of the elements at this limit.

For reference, the complex frequency‐dependent shear modulus from the work of Delépine et al. (2009) is

G ωð Þ ¼ GU 1−
∑
l

y lð Þω lð Þ
iωþ ω lð Þ
∑
l
y lð Þ

2
664

3
775; (18)

where GU is the shear modulus at infinite frequency where the equation reduces to linear elasticity. The
complex term indicates that the effective phase and group velocities are dispersive. We cannot make practi-
cal use of this effect as we have very little information on the exact times and places that the fault plane gen-
erated high‐frequency S waves.

To represent the horizontal spectra in Figure 6b, we need to obtain relatively constant Q−1 for a moderate
range of frequency like from 0.5 to 20 Hz. Only a few parallel Maxwell elements with intermediate frequen-
cies are needed, and no especial significance is assigned to the precise frequencies of these elements (e.g.,
Delépine et al., 2009; Emmerich & Korn, 1987). We provide some examples in Figure 12 and provide the
parameters in Table 3. We make no attempt to tweak parameters to make Q−1(ω) quite flat in the range
of interest.

We instead discuss general features of themodels. The lowest characteristic frequency of models 1, 2, and 3 is
0.0005 Hz, and the highest frequency is 100 Hz. The predicted value of Q(ω) is flat over a broad range of fre-
quencies. The lowest‐frequency termhas over 99% of the low‐frequency response y(l)/ω(l) in Table 3.We vary
the value of y(1) from 0.8636 in model 2 to 0.625 in model 3 keeping the relative values of the other y(l) con-
stant. The value of the relatively constant part of Q(ω) is higher for model 2 than model 3. We increase the
lowest characteristic frequency f(1) in models 4 through 7 and hence also reduce the number of elements.
The frequency range of relatively constant Q(ω) decreases with increasing . Model 7 has only two elements
with 0.2 and 10 Hz. It still provides a plateau of Q(ω) in the region of interest. The 0.2 Hz element accommo-
dates 85% of the high‐frequency response and 99.65% of the low‐frequency response. That is, a starting simple
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instantaneous Maxwell model with just one element representing long‐
period response needs to be tweaked slightly by adding a second element
to obtain a range of relatively constant Q(ω).

The mathematics now could be made very complicated and very nonuni-
que by invoking (15) to combine attenuation over many segments of the
raypath and then by summing over many rays. This effort would provide
little insight, given our limited data. Rather, we qualitatively consider the
physics of how a rheology with multiple Maxwell elements in parallel
might arise with real crystalline rock.

We begin with LUC and assume for now that the nonlinear attenuation of
high‐frequency S waves is directly related to low‐frequency nonlinear
inelastic deformation in (5). We associate the low‐frequency leading ele-
ment ω(1) ≡ G(1)/ηapp(1) in (17) the apparent viscosity associated with
the gross low‐frequency deformation of the rock mass in (4). We associate
the other elements with stress concentrations that act in parallel with the
gross deformation on the length scale of the high‐frequency waves. That is,
high‐frequency parallel elements ω(l) ≡ G(l)/ηapp(l) arise at stress concen-
trations with stiff elastic moduli and more importantly low apparent visc-
osities associated with high local stresses in a nonlinear material.

For LUC, we now need to qualitatively explain why strong high‐frequency
signal resumed once the near‐field velocity pulse and its high dynamic

stresses have passed. The models of Roten, Olsen, Cui, and Day (2017) indicate that nonlinearity beneath
LUC is plausible during the near‐field velocity pulse. A simple formation assumes that the values of the
apparent viscosity of the elements are proportional to those of the low‐frequency element associated with
gross deformation ηapp(l) ∝ ηapp(1). The apparent viscosity ηapp(1) in a nonlinear material increases in (3)
when dynamic stresses wain and by this assumption the apparent viscosities of the other nonlinear elements.
The effect in Figure 12 is to shift the curves to the left while retaining their shape. For example, increasing the
viscosities in model 7 by a factor of 20 moves the strong attenuation out of the region of interest for high‐
frequency Swaves and the material approaches linear elasticity in that range. The strain rate associated with
gross deformation is then quite small. For reference, it would take a much larger increase in viscosity to shift
model 2 enough to the left to suppress attenuation of high‐frequency S waves.

In contrast, high‐frequency Swaves continued to be weak at PS10 well after the near‐field velocity pulse had
passed. A qualitative possibility is that the near‐field velocity pulse damaged the crystalline rock. Classically,
healing of damage that had reduced elastic constants progresses with the logarithm of time. Thus, rapid heal-
ing beneath PS10 in the immediate aftermath of the near‐field pulse is plausible. The anelastic strain asso-
ciated with this healing then acted nonlinearly with the high‐frequency S waves, causing nonlinear
attenuation. The healing of damage likely involves inelastic deformation at many stress concentrations.
We attempted unsuccessfully to detect such healing within the uppermost crystalline rocks, beginning 7 days
after the mainshock in section 6. We do not have data to look for immediate healing beneath PS10 and LUC.

8. Conclusions

Generic three‐dimensional numerical calculations indicate that the near‐field velocity pulse of strong earth-
quakes likely causes near‐fault nonlinear failure (Roten et al., 2014, 2016, Roten, Olsen, Cui, & Day, 2017;
Wang et al., 2019). In this case, dynamic stresses at depth scale with particle velocity and approximately with
PGV is measured at the surface. Numerical models indicated that near‐fault failure within crystalline rocks
occurred during the near‐field velocity pulse of the 1992 Landers earthquake (Roten et al., 2017). Horizontal
PGV was 1.5 m s−1 at LUC 1.25 km from the fault. We thus suspect that nonlinear failure also occurred
within crystalline rock beneath station PS10, which was ~3 km from the fault with PGA of 1.8 m s−1, during
the 2002 Denali earthquake. Our dimensional analysis of dynamic stresses during this event indicates that
the near‐field velocity pulse may have caused nonlinear failure down to ~ 2 km depth and that the upper-
most crystalline rocks at ~100 m depth were most prone to failure. We unsuccessfully used aftershock data
to look for healing of this shallow damage in section 6.

Table 3
Maxwell Element Models

Model 1 2 3 4 5 6 7

f(1)‡ 0.0005 0.0005 0.0005 0.005 0.01 0.04 0.2
y(1) 0.76 0.8636 0.625 0.76 0.8172 0.844 0.85
y(1)/
ω(1)†

0.9957 0.9978 0.9919 0.9771 0.9926 0.9929 0.9965

f(2) ‡ 0.005 0.005 0.005 0.01 0.07 0.3 10
y(2) 0.03 0.17 0.0469 0.03 0.0323 0.0333 0.15
f(3) ‡ 0.07 0.07 0.07 0.07 0.3 1
y(3) 0.03 0.17 0.0469 0.03 0.0323 0.033
f(4) ‡ 0.3 0.3 0.3 0.3 1 10
y(4) 0.03 0.17 0.0469 0.03 0.0323 0.0389
f(5) ‡ 1 1 1 1 10 30
y(5) 0.03 0.17 0.0469 0.03 0.0376 0.05
f(6) ‡ 10 10 10 10 30
y(6) 0.035 0.0199 0.0547 0.035 0.0484
f(7) ‡ 30 30 30 30
y(7) 0.0425 0.0241 0.0664 0.0425
f(8) ‡ 100 100 100 100
y(8) 0.0425 0.0241 0.0664 0.0425

‡ Frequency in Hertz. † Normalized so y(l)/ω(l) sums to 1.
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We concentrated on high‐frequency Swaves at PS10 and LUC that plausibly traversed crystalline rock, while
low‐frequency nonlinear attenuation from the near‐field velocity pulse was occurring. In the immediate
aftermath of the near‐field pulse, high‐frequency S waves plausibly traversed damaged crystalline rock.
We recognize that both of these stations were isolated at the time of the earthquakes and not up to modern
standards. In particular, these stations were triggered in amanner where they did not record any aftershocks.
It is our intent to examine features that may become more evident in records of future well‐recorded events.
We do not claim definitive conclusions about nonlinear behavior of crystalline rock beneath PS10 and LUC.

To begin, shallow nonlinear attenuation likely occurred within the ~100 m thick layer of gravel beneath
PS10, which complicates searching for nonlinear effects in the underlying crystalline rock. Scaling relation-
ships for vertically ascending Swaves provide insight. Dynamic stresses scale with the dynamic acceleration
near the free surface; the normalized horizontal acceleration is the Coulomb ratio of horizontal shear trac-
tion to lithostatic stress. A prediction is that the normalized acceleration clips at the effective coefficient of
friction. The resolved acceleration approached PGA during a circularly polarized third‐cycle that was kine-
matically associated with the velocity pulse (Figure 4). During that time, the normalized acceleration did not
exceed ~0.35, implying a reasonable effective coefficient of friction ~0.35. We marginally resolved that seis-
mic velocities decreased in the gravel from damage associated with Coulomb failure and subsequent velocity
increased from healing.

Other observations at PS10 cannot readily be associated with nonlinear Coulomb failure within the gravel:
The normalized horizontal acceleration of high‐frequency S waves at was weak, 0.1 g. The spectral ampli-
tude of S waves decayed exponentially with frequency with a low and constant apparent Q for ~20 in
Figure 6b. The horizontal acceleration of high‐frequency S waves continued to be weak after the near‐field
velocity pulse had passed. Station LUC sat on crystalline rock. The normalized horizontal acceleration of
high‐frequency Swaves was 0.2 g, somewhat more than at PS10. The high‐frequency waves were only briefly
weak, while the near‐field velocity pulse passed.

We examined the physics of high‐frequency S waves passing through the near‐field velocity pulse with
regard to these observations in section 7. The apparently constant Q at PS10 is not expected from a simple
plastic or nonlinear Maxwell rheology for the crystalline rock, which does not preferentially suppress
high frequencies. In section 7, we presented the well‐known result that multiple Maxwell elements
acting in parallel can produce apparently constant Q over the frequency range of interest. These elements
represent nonlinear domains within a heterogeneous rock mass that have different instantaneous
apparent viscosities.

The existence of numerous nonlinear inelastic domains might be associated with gross dynamic stresses and
failure associated with the near‐field velocity pulse. This situation might be applicable beneath LUC where
weak high‐frequency S waves impinged briefly during the near‐field velocity pulse. However, weak high‐
frequency S waves continued to impinge on PS10 after the near‐field velocity pulse had passed. A plausible
rheology involves inelastic failure within the crystalline rock during the near‐field velocity pulse. The high‐
frequency S waves then would interact nonlinearly with stress concentrations associated with healing of
the damage.

Numerical models thus might resolve heterogeneous nonlinear material on the quarter‐wavelength scale
(~50 m) of the high‐frequency waves. Alternatively, generic numerical models could constrain an
equivalent material theory for high‐frequency waves interacting with low‐frequency stresses and damage
in the crystalline rock. Then one could in principle calculate a low‐frequency nonlinear model of the
near‐field pulse (Roten, Olsen, Cui, & Day, 2017) and then trace high‐frequency waves through the non-
linear material. Numerical methods that selectively enhance numerical resolution in the region of inter-
est might be applicable (Bielak et al., 2003; Yoshimura et al., 2003). All these approaches
seem daunting.

With regard to societal issues, nonlinear suppression of S waves by the near‐field velocity pulse may spare
some near‐fault structures from strong high‐frequency shaking, like the small shed covering PS10. Still,
high‐frequency body waves impinge on near‐fault sites. For example, high‐frequency S and P waves both
reached ~0.8 g at Lucerne in 1992 Landers earthquake, although the near‐field velocity pulse may have
briefly suppressed S waves at other times.
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A new site effect is that damage to the uppermost crystalline rocks may have reduced their seismic velocities
and thereby reduced the reflection coefficients between gravel and crystalline rock beneath PS10.
Resonances putatively associated with the base of the gravel were weak following the near‐field velocity
pulse. We marginally resolved that these resonances returned ~15 s later. We attempted unsuccessfully to
detect healing of the crystalline rock with aftershock data from temporary stations.

Appendix A.: Nonlinear Vertical S‐wave model

We calculate synthetic surface seismograms to illustrate the effects of nearly plastic rheology. Our numerical
method follows those of Sleep and Erickson (2014) and Sleep and Nakata (2015, 2017). Our objective is to
present a generic model with upcoming waves and geological structure similar to those beneath PS10. We
do not attempt to impose precise geological structure and to obtain full wiggle matches.

For simplicity, we numerically represented the PS10 structure with a layer over a half‐space. The (upper-
most) layer has an S‐wave velocity of 400 m s‐1 and is 110.25 m thick to fit on the numerical grid. The
half‐space has the S‐wave velocity of 800 m s‐1 to represent the reflection coefficient at its top in Figure 2.
Density is 2.25 kg m‐3, which is constant with depth and time for numerical convenience.

We apply a staggered‐grid method to represent ground motions, elastic strains, and inelastic strains from
vertical S waves in two horizontal dimensions. The method is essentially finite difference with some aspects
of finite elements over depth intervals. The shear traction, elastic strain, and inelastic strain nodes are eval-
uated at nodes at the center of elements. The shear modulus, the inelastic rheology, the shear wave velocity
β, and the effective pressure are constant within these elements. The shear modulus and the inelastic rheol-
ogy vary with depth between elements. We evaluate the time history (in steps of Δt) of these parameters.
The depth range of elements is ΔZ = βΔt, 0.5 m in the upper layer. For simplicity, no damage occurs so that
the S‐wave velocity and shear modulus do not change with time.

Displacement, velocity, acceleration, and the density for the momentum equation (5) are evaluated at inter-
mediate nodes at the boundaries of the strain elements. The shear traction and inelastic strain are zero at the
free surface, the location of the shallowest strain node. The surface acceleration is hence evaluated at the
very shallow depth of βΔt/2, 0.25 m in the models.

At the start of the time step at time t0, the program knows displacement at the spatial gridsUi{t0} and the dis-
placement field at the previous time stepUi{t0−Δt}, where curly brackets indicate time steps and i indicates a
horizontal direction. The difference between these quantities is the velocity a half step before t0; Vi{t0 − Δt/
2} = (Ui{t0} − Ui{t0 − Δt})/Δt. The code finds the new velocity at a half time step ahead from the acceleration
at each grid point at time step t0, Vi{t0+Δt/2} = Vi{t0 − Δt/2}+Ai{t0}Δt . The new displacement at t0+Δt
is Ui{t0+Δt} = Ui{t0}+Vi{t0+Δt/2}Δt.

We illustrate spatial derivatives using an example group of adjacent displacement nodes (up (U), center (C),
and down (D)). The objective is to find the acceleration at time t0. The shear traction in the i direction
between two nodes (down and center) is

τi D;Cð Þ t0f g ¼ GD
UD;i−UC;i

ΔZ

� �
t0f g
−GDεi D;Cð Þ t0f g; (A1)

where GD is the shear modulus in the lower element, the first term represents total strain, and εi(D,C) is
inelastic engineering strain. The acceleration of the center node from (5) is

Ai ¼ 1
ρ

τi D;Cð Þ−τi C;Uð Þ
ΔZ

� �
t0f g
: (A2)

The shear modulus G and inelastic strain ε in general depend on the current stress and history of the rock.

Equation (A1) implies an inelastic strain rate at each node where failure occurs, which is within the upper-
most layer in our models; the half‐space is elastic. One requires that the rate of inelastic strain in (A1) be con-
sistent with computed stress. Formally for each horizontal direction i:
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τi t0f g ¼ GD
UD;i−UC;i

ΔZ

� �
t0f g
−GDεi t0−Δtf g−GD

τi t0f g
τ t0f gj j

� �
Δε τ t0f gj jð Þ; (A3)

where Δε(|τ{t0}|) is the resolved inelastic strain during the time step and the expression is general and does
not imply any specific rheology. The bracket in the third term causes the horizontal inelastic strain rate to
have the orientation of the shear traction as in (3). The shear traction (as τi and |τ{t0}|) appears on both sides
of (A3). The equation is readily solved by iteration if the inelastic strain rate increases smoothly and mono-
tonically with stress. We let the inelastic strain per time step Δt function in the i direction be

Δεi ¼ ε′iΔt ¼ ζ
τi t0f g
τ t0f gj j

� �
τM
G

h i τ t0f gj j−τB
τM

� �m
; (A4)

where inelastic strain has the sign to relieve stress, τM= ρgμMz is a stress where frictional creep becomes fast
at the Coulomb stress ratio μM, τB= ρgμBz implies that no inelastic strain occurs below a Bingham coefficient
of friction of μB (ε

′= 0; |τ| ≤ τB), andm is an exponent that represents transition between slow and fast defor-
mation as dynamic stress increases. The dimensionless constant ζ calibrates (A4) so that rapid strain rates
begin at the desired shear traction. That is, we adjust the constant ζ to obtain the desired transition stress
between very slow and very fast creep at a Coulomb ratio of ~0.35. Equation (A4) becomes ordinary
power‐law creep if τB = 0; we keep τB at a finite value so that weak shaking is linear. Equation (A4)
approaches a plastic yield surface in the limit of large m. There are only two qualitative free parameters:
The shear traction where failure starts and the shear traction where the strain rate becomes so high that lar-
ger shear tractions are precluded. Our model parameters provide a rapid increase of strain rate with shear
traction. We do not impose nearly pure plasticity so that loops in Figure 3b are visible. Our parameters
are m = 5; μM is 0.3; μB is 0.4; ζ is 200 to yield an effective coefficient of friction of ~0.35 in Figure 3, as
observed in Figure 4.

The initial conditions represent quiescence before seismic waves impinge. The inelastic strains, displace-
ments, velocities, and accelerations are all zero. We place the bottom node very deep at 20,000 grid spacings.
We stop the calculation before the surface‐reflected wave impinges on the artificial basal boundary and
ascends back to the shallow region of interest. We start the upcoming wave by imposing displacements on
the bottom node. We combine displacements of the form Di = D0,i(1 − cos(ωt)) to obtain a circularly polar-
ized low‐frequency signal and an east‐west high‐frequency signal. We adjust the displacement factors D0,i to
obtain the desired peak accelerations for the low‐frequency components and high‐frequency components of
the signal. The displacement and velocity are zero and continuous at the starting time t= 0. The acceleration
jumps to its peak value when the signal begins. We window Figure 3 in the time of interest when the imping-
ing signal is circularly polarized.
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